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ABSTRACT
The aim of this thesis is to improve the understanding of the hydrological evolution of
the North-West African monsoon system during the Holocene period. In particular the
focus is placed on the drastic regime shift from humid and vegetated conditions of the
mid-Holocene to the arid present-day conditions in North-West Africa. The timing of
this regime shift is investigated in order to determine if the transition from the African
Humid Period (approx. from 16,000 – 6,000 years ago) to dry present-day conditions
occurred gradually or rapidly. In order to achieve this objective, variations in the isotopic
composition of precipitation in relation to rainfall amount are scrutinized.
To reach this goal the coupled atmosphere-land surface model ECHAM5-JSBACH is
enhanced by the inclusion of a stable water isotope diagnostic module which traces
beside the “normal water” H162 O the heavier water isotopes H
18
2 O and HDO. The
ECHAM5-JSBACH-wiso model is able to simulate the isotopic composition of precip-
itation (δ18OP and δDP) comparably well as the stand-alone ECHAM5-wiso model. In
order to analyze the sensitivity of fractionation processes over land, a set of simula-
tions with various implementations of these processes over the land surface are com-
pared. The simulations distinguish between no fractionation, fractionation included in
the evaporation ﬂux (from bare soil), and fractionation included in both evaporation
and transpiration (from water transport through plants) ﬂuxes. While the isotopic com-
position of the soil water may change for δ18O by up to +8, the simulated δ18O in
precipitation shows only slight differences in the order of ±1.
For evaluation of the simulated isotope composition over the 20th century in North
Africa, a nudged ECHAM5-JSBACH-wiso experiment is performed over the period 1958
to 2002. It is shown that the model simulates the climatology as well as interannual
variability of precipitation and its isotopic composition in good agreement with observa-
tions. Furthermore, it is illustrated that the amount of Sahelian precipitation and δDP are
correlated, with a Pearson correlation coefﬁcient r = 0.71. Based on these model results
the observed isotope variations are quantitatively calibrated with respect to changes of
the precipitation amount. According to the model results, changes of -5 in δDP can be
related to an increase of approximately 100 mm in rainfall amount under present-day
conditions.
In order to further investigate the evolution of the North-West African hydrologi-
cal cycle during the Holocene, the precipitation and the vegetation cover simulated by
the fully coupled Earth System model COSMOS are analyzed. Both variables indicate
iii
a gradual transition from the African Humid Period into the dry present-day condi-
tions. Based on this transient experiment, time-slice simulations, performed with the
ECHAM5-JSBACH-wiso model, are carried out. These time-slice simulations reveal an
ampliﬁcation as well as a southwards shift of the North African rain belt from mid-
Holocene to present day. Due to the negative relation between the amount of precipita-
tion and its isotopic composition, the simulated δD in precipitation is about -18 more
depleted in the mid-Holocene experiment, compared to the present-day one, in the West
Sahel region. The ﬁndings of the model studies are supported by novel proxy data de-
rived from δD measurements on leaf waxes in the marine sediment core GeoB7920 from
the North-West African coast.
In summary, all results of these studies indicate that the drastic regime shift of vege-
tation and rainfall amount in North-West Africa during mid-Holocene was gradual.
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1
GENERAL INTRODUCT ION
1.1 motivation
Extreme events such as heat waves, droughts, or ﬂoods dominate the media coverage
of climate change. The reactions to the reports of the Intergovernmental Panel on Cli-
mate Change (IPCC) show that climate change and climate prediction are not only a
scientiﬁc issue but have also become important for the politics (ﬁrst IPCC report: [IPCC,
1990]; political reactions: e. g., the Kyoto Protocol, [UNFCCC]). Regions with extreme
conditions, such as the ice-covered poles as well as monsoon regions, are particularly
prone to climate change. One of these regions is North-West Africa, in particular the
Sahel1 region, where most of the annual precipitation is falling during the monsoon sea-
son. Observations over the last century show a high interannual variability of rainfall
amount [Nicholson, 2000]. Modern climate models are able to reproduce the present
day climate globally and in those regions fairly well [e. g., Lau et al., 1996]. Numerical
climate simulations project an increase of the North-West African temperature and a
higher frequency of potential drought events for future warming scenarios [Parry et al.,
2007]. But how well can these models predict possible future climate conditions and do
they depict all climate feedback mechanisms correctly? One way to answer these ques-
tions is to evaluate the climate models on past geological epochs, comprising different
climate states. Even if the forcing mechanisms triggering climate changes in the past
are different then for the present or future climate projections, the underlying regional
feedback mechanisms reveal a basic understanding of the climate system. Therefore it is
mandatory to understand them.
One of the key parameters for long-term changes2 in Earth’s climate are variations of
the orbital parameters, which are inﬂuencing the distribution of insolation [Milankovic´,
1969]. By changing these parameters, eccentricity, obliquity, and precession, mainly the
spatial and seasonal distribution of incoming solar radiation varies. In the Subtropics
most important for variations of the incoming solar radiation during the current epoch,
1 The Sahel is a semi-arid transition zone from the Sahara desert in the north to the dry or humid savanna
in the south.
2 Long-term changes, also called ’changes on an orbital timescale’, are variations on timescales from 10,000
to 100,000 years.
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Figure 1.1.: The approximately southern border of the Sahara (red) and the Savanna (green), for
present day (solid line) and 8,000 before present (dotted line) in North Africa. [Borders are
reproduced after “Map of the Climatic Changes in the Sahara Desert”, National Geograﬁc
Maps, 2008]. Positions marked by white circles: The approx. location of sediment-core
depicted in Fig. 1.2a (1), the pollen record pictured in Fig. 1.2b (2), and excavation site for
the ﬁndings shown in Fig. 1.3 (3). [Background map: http://visibleearth.nasa.gov, NASA]
the Holocene3, is the precession parameter, which ampliﬁes the seasonal cycle. Since the
North-West African monsoon is triggered by the differential heating between ocean and
land surface, Kutzbach [1981] has suggested that changes of incoming solar radiation
control the strength of the monsoons over orbital timescales. According to this theory,
the North-West African monsoon was intensiﬁed during the early- and mid-Holocene
compared to present day. Therefore the conditions in North Africa were more humid
and more vegetated (see Fig. 1.1).
This theory has been conﬁrmed by numerous proxy4 studies; two examples are shown
in Fig. 1.2. Studies of marine [e. g., deMenocal et al., 2000; Weldeab et al., 2007; Dupont,
2011] or lake [e. g., Gasse, 2002; Kröpelin et al., 2008] sediment cores illustrate the shift
from more humid conditions during early- and mid-Holocene to present dry conditions.
Also, archaeological records (examples are shown in Fig. 1.3) of the formerly resident
population, such as skeletons, cave paintings, rock engravings etc. conﬁrm, that some
parts of modern Sahara were inhabited during the early- and mid-Holocene [McIntosh
and McIntosh, 1983; Sereno et al., 2008].
3 The Holocene is a geological epoch which began approx. 12,000 years before present (BP) and continues to
the present. It is characterized by the ongoing warm period.
4 A proxy is an indirect indicator of the climate, which was recorded in natural archives such as e. g. ice
cores, corals, sea or ocean sediments, pollen, tree rings, and human archives as historical records. Proxies
can be used to reconstruct the climate of the past, when there was no instrumental recording.
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Figure 1.2.: (a) Terrigenous material measured in sediment core ODP658C (Fig. 1.1, location 1),
is interpreted as showing an abrupt end of the African Humid Period [deMenocal et al.,
2000]. (b) Pollen record of Lake Yoa (Fig. 1.1, location 2), is interpreted as showing a more
gradual transition from wet to dry conditions [Kröpelin et al., 2008].
Over the past decades, progress has been made in understanding the underlying
mechanisms of the evolution of the North-West African climate. Increased summer in-
solation, due to changes of the orbital parameters, enlarged the surface temperature
gradient between the Atlantic ocean and the land — which results in an ampliﬁed bo-
real summer monsoon [Kutzbach and Street-Perrott, 1985]. Further studies identiﬁed
positive feedback mechanisms, e. g. between monsoon changes and sea surface temper-
ature (SST) as well as sea level pressure (SLP) [e. g., Kutzbach and Liu, 1997], open water
bodies on land-surface [e. g., Krinner et al., 2012], vegetation [e. g., Claussen and Gayler,
1997; Kutzbach et al., 1996], or land albedo [e. g., Vamborg et al., 2011; Stärz et al., 2013].
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Figure 1.3.: (a) Bowl of the formerly resident population (Fig. 1.1, location 3) indicates that this
region was inhabited [A. Gundelwein, personal communication]. The rock engravings, (b)
a cattle herds [Ossing, 2012, page 91]. (c) A giraffe [A. Gundelwein, personal communica-
tion], dated of approx. 8,000–5,000 years before present (Fig. 1.1, location 3), suggests that
the region was populated by humans and animals.
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However, there is still an ongoing debate if the transition from more humid conditions
during early- and mid-Holocene towards dry modern conditions was abrupt or gradual.
Both theories are supported by proxy data and results from model studies. The theory
of an abrupt degeneration of the vegetation [e. g., proxy data: deMenocal et al., 2000;
Adkins et al., 2006; model-studies: Claussen et al., 1999; Liu et al., 2007] is based on the
assumption that the gradual declining summer insolation triggered a strong atmosphere
land surface feedback mechanism which led to an abrupt desertiﬁcation of the Sahara.
In contrast, e. g., Weldeab et al. [2007], Kröpelin et al. [2008] (proxy data) and e. g.,
Braconnot et al. [2007a], [2007b] (model studies), have proposed a gradual change in
precipitation amount and vegetation cover.
1.2 objectives and research questions
The overall goal of this work is an improved understanding of the hydrological evolution
and variability of the North-West African monsoon system. A special interest lies on
drastic “regime shifts”, such as from vegetated and wet conditions during the Holocene
towards present day dry conditions or, more recently, the Sahel drought during the
1970s and 1980s. In particular, the variations in amount of Sahelian precipitation and the
changes of its isotopic composition are examined.
Since the pioneering work of Dansgaard [1964], the coherence between the isotopic
composition of H162 O, H
18
2 O, and HDO in precipitation and climate variations is used to
reconstruct paleo climate states. These reconstructions are possible because the isotopic
composition in precipitation depends on the surrounding environmental conditions dur-
ing phase transitions of a water mass, with, temperature or amount of the formed pre-
cipitation as key inﬂuencing parameters. Since stable water isotopes differ by mass and
symmetry of their molecules, they behave differently during any phase transition. While
the heavier molecules H182 O and HDO tend to stay in the liquid or solid phase, the
lighter H162 O molecules evaporate more easily. The strength of this partitioning effect is
called fractionation [Friedman and O’Neil, 1977].
As a ﬁrst step, the coupled atmosphere-land surface model ECHAM5-JSBACH is en-
hanced by a stable water isotope diagnostic module for H182 O and HDO. For the inves-
tigation of the Holocene climate and its hydrological evolution this ECHAM5-JSBACH-
wiso model is used, which allows an explicit comparison between the simulated isotopic
composition within the hydrological cycle and the isotopic composition retrieved from
proxy data. In this work, the recently reconstructed isotopic signal of sediment cores
in the coastal area of North-West Africa are used for the model-data comparison. This
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reconstruction has been derived as part of the HYDRACENE5 project by the Center for
Marine Environmental Sciences University of Bremen (MARUM).
In detail, this thesis addresses the following questions:
1. How much do fractionation processes over land surface inﬂuence the global
distribution of the isotopic composition in precipitation?
Within this PhD study, the isotope-enabled model ECHAM5-JSBACH-wiso has
been developed. The evaluation of this new model can be divided into two re-
search questions: (1) What are the implications of using the coupled ECHAM5-
JSBACH-wiso instead of the stand-alone ECHAM5-wiso model? To answer this
question, the key variables of JSBACH, which can inﬂuence the atmospheric water
cycle in ECHAM5, and the related changes of the isotopic composition of precip-
itation are examined. (2) Which impact has the isotopic fractionation over land
surface on the isotopic composition of precipitation? The determining factor here
is the evapotranspiration, so three different setups for the implementation of frac-
tionation processes over land are taken into consideration. First, it is assumed that
no fractionation during evapotranspiration occurs at all, similar to the approach
used in the ECHAM5-wiso model [Werner et al., 2011]. Second, the assumption
that fractionation only occurs during evaporation from bare soil but not during
transpiration by plants is taken. And last, the theoretical case that fractionation
processes take part during both evaporation and transpiration of water from land
surface is considered.
2. What is the relation between the amount of precipitation and its isotopic com-
position in North-West Africa?
For answering this question a 45-years ECHAM5-JSBACH-wiso experiment is per-
formed over the simulation period 1958–2002. To retrieve realistic results, the
ECHAM5-JSBACH-wiso model is nudged to ERA40 re-analysis data [Dee et al.,
2011] of the variables temperature, surface pressure, divergence, and vorticity. The
simulated variations of precipitation and its isotopic composition are utilized to
evaluate how well ECHAM5-JSBACH-wiso reproduces the North-West African
hydrology. As a last step, the relation between the amount of precipitation and its
isotopic composition has been estimated for present-day conditions.
5 The project HYDRACENE (A new hydrogen-isotope approach to understand North African monsoon
changes in the Holocene) is funded by Deutsche Forschungsgemeinschaft (DFG) as part within the frame-
work of the Special Priority Programme INTERDYNAMIK.
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3. Was the change of the hydrology in North-West Africa characterized by a more
gradual or abrupt transition during the Holocene?
In order to investigate the Holocene transition of the North-West African climate,
a transient model experiment performed by Fischer and Jungclaus [2011] with
the fully coupled Earth system model COSMOS6 is used. Based on this experi-
ment, the evolution of precipitation and vegetation is examined. Furthermore, time
slice simulations are carried out with the coupled atmosphere-land surface model
ECHAM5-JSBACH-wiso. Model results are used to investigate the spatial distribu-
tion of the isotopic composition, and its dependance on the amount of precipitation
and the local wind pattern. To complete the picture, the simulated isotopic com-
position of precipitation is directly compared to reconstructed Holocene isotope
values retrieved from marine sediment cores from the North-West African coast.
This PhD thesis is organized as follows: Chapter 2 gives an overview of the physics
of stable water isotopes, followed by a detailed description of the hydrological system
of North-West Africa in Chapter 3. The model ECHAM5-JSBACH-wiso, which has been
developed within this PhD study, is described in Chapter 47. This chapter also contains
a description of the other models which are used in this study. The Chapters 5, 6, and 7
discuss the research questions outlined above. A ﬁnal conclusion and outlook are given
in Chapter 8.
6 The Earth system model COSMOS consists of the following components: the atmosphere model ECHAM5,
the ocean model MPI-OM, and the land surface scheme JSBACH.
7 The Chapters 4 and 5 are partly published in Haese et al., (2013)
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2
STABLE WATER I SOTOPES
In the last decades, stable water isotopes have proven to be a useful tool for understand-
ing climate variations in the past. In order to understand the role of stable water isotopes
as a climate proxy, it is required to know their physical characteristics. This chapter will
give an overview about the physical behavior of the stable water isotopes.
Isotopes of an element have nuclei with the same number of protons, but different
numbers of neutrons. Therefore, they have identical chemical properties, but due to
their different masses their have slightly different physical characteristics. For both com-
ponents of H2O, the hydrogen as well as the oxygen, stable isotopes exist (see Tab. 2.1).
Most important formations of the water molecule H2O in climate science, beside the
normal water H162 O, are H
18
2 O and
1H2H16O = HDO1. Usually, the concentration of
the heavier isotopes is expressed as a ratio in comparison to a standard. The interna-
tionally accepted protocol used in this work is the Vienna Standard Mean Ocean Water
(V-SMOW standard), which deﬁnes reference isotope ratios
18O
16O
= (2005.20± 0.45)× 10−6
and DH = (155.95± 0.08)× 10−6, measured in [ppm], [IAEA/WMO, 2006].
Oxygen Hydrogen
16O 17O 18O 1H 2H = D
99.76 0.04 0.20 99.985 0.015
Table 2.1.: Natural averaged abundances of oxygen and hydrogen isotopes, measured in [%].
[Gat et al., 2001]
Often, the isotopic compositions and their variations are expressed by a δ-notation
measured in [], as a ratio with respect to the V-SMOW standard, which is given by:
δ18O =
(
(
18O
16O
)sample
(
18O
16O
)V−SMOW
− 1
)
· 1000, (2.1)
δD =
(
(DH )sample
(DH )V−SMOW
− 1
)
· 1000. (2.2)
1 The isotope 2H is also called deuterium (D).
9
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2.1 fractionation processes
Depending on the different atomic mass, the isotope species have slightly different phys-
ical characteristics. This leads to fractionation processes during phase changes. This
isotopic fractionation consists of two parts: equilibrium fractionation and kinetic frac-
tionation.
• Equilibrium fractionation is based on the reduction of the vapor pressure due to
incorporation of the heavier isotopes in the water molecule. The quantum levels
and the occupation numbers change in the intermolecular potentials and thus the
strength of the intermolecular bonds in the liquid phase is changed. By reducing
the vapor pressure, the heavier molecules are depleted on the vapor phase with
respect to the liquid phase. This depletion is described by the equilibrium fraction-
ation factor α (here as an example for 18O for evaporation):
α(H182 O)liquid−vapor =
(RH182 O
)liquid
(RH182 O
)vapor
=
p0(H
16
2 O)
p0(H
18
2 O)
> 1 (2.3)
Here RH182 O is the mixing ratio of H
18
2 O and H
16
2 O, and p0 is the saturated vapor
pressure above water. The temperature dependency of α, measured by Majoube
[1971a]; [1971b], can be written as:
ln α(H182 O)liquid−vapor =
1137
T2
−
0.4156
T
− 0.0020667
ln α(H182 O)ice−vapor =
11.839
T
− 0.028224
ln α(HDO)liquid−vapor =
24844
T2
−
76.248
T
+ 0.052612
ln α(HDO)ice−vapor =
16.288
T2
− 0.0934 (2.4)
The Equations 2.4 also shows that the fractionation effect is reduced by increasing
temperature T , [Roedel and Wagner, 2011].
• The thermodynamic equilibrium between liquid (solid) and gaseous phase is not
always given under natural conditions. If the liquid (solid) and gaseous phase
are not equilibrated, an additional fractionation process occurs during the trans-
fer through the water-air interface. This fractionation is described by the kinetic
fractionation factor (αk). The αk is controlled by the individual diffusion coef-
ﬁcients for molecules of different weights. Since the heavier isotopes H182 O and
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HDO have a smaller diffusion coefﬁcient than H162 O, an additional depletion of
heavy isotopes at the vapor phase compared to the liquid (solid) phase occurs.
Kinetic fractionation mainly takes place during evaporation in an undersaturated
atmosphere (e. g., evaporation over the ocean) or during the formation of ice at
very low temperatures. [Dansgaard, 1964]
Generally, one can distinguish between two systems (explained in detail by Dansgaard
[1964]), which describe the effect of isotope fractionation:
1. Closed system:
In a closed system the product of the phase change remains in the system and
during the entire process the isotopes are poised. This system can be described,
for each time t in the time interval [0,τ], by the following equations:
Rc(t) =
cx(t)
c(t)
= α(T)
vx(t)
v(t)
= α(T)Rv(t), (2.5)
and
⎧⎪⎨
⎪⎩
cx(0) = 0,
cx(t) = vx(0) − vx(t),
(2.6)
with x ∈ {H162 O,H182 O,HDO
}
, c as the liquid (solid) condensate, and v as the
water vapor. With f deﬁned as f := v(t)v(0) , it can be concluded:
cx(t)
c(t)
=
vx(0) − vx(t)
v(0) − v(t)
=
vx(0)
v(0)
1
1− f
−
vx(t)
v(t)
1
f−1 − 1
(2.7)
Here, the isotope ratio decreases approximately linearly with the amount of the
generated condensate. The closed system can be used to describe e. g., the forming
of cloud droplets inside a cloud before the rain-out, [Roedel and Wagner, 2011].
2. Open system (Rayleigh system):
In the Rayleigh system the product of the phase changes is instantly removed
from the system and therefore not longer in contact with the remaining source. To
formulate the Rayleigh system the following differential equation is used:
dcx
dc
= α(T)
vx
v(t)
. (2.8)
With dcx = −dvx follows −dvxdc = α(T)
vx
v(t) . By integration from 0 to t is obtained:
ln vx |
t
0 = α¯ ln v |
t
0 ⇒
vx(t)
vx(0)
=
(
v(t)
v(0)
)α¯
⇒ vx(t)
v(t)
=
vx(0)
v(0)
fα¯−1. (2.9)
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Figure 2.1.: Change of δ18O of precipitation according to a Rayleigh distillation, starting with
δ18Ov = −11, T = 25◦C, and ﬁnal T = −30◦C. Below 0◦C the fractionation between
rainwater and vapor has been replaced by the fractionation between snow and vapor. The
fraction of remaining vapor f has been calculated from the decrease in moisture carrying
capacity of air at lower temperatures. Dashed lines link δ18O of precipitation with temper-
ature of condensation. [http://web.sahra.arizona.edu/programs/isotopes/oxygen.html,
SAHRA; reproduced after Clark and Fritz, 1997]
α¯ is the mean value of α(T) during the time interval [0,t]. During the Rayleigh
process the isotopic composition of the vapor as well as of the condensate depletes
in order of the power function of the residual water content. The Rayleigh model
can be used to describe e. g. the process of rain out of clouds (see an example in
Fig. 2.1), [Roedel and Wagner, 2011].
2.2 distribution of stable water isotopes
The hydrosphere of the Earth describes the entirety of all water masses on the planet.
Due to the physical characteristics of stable water isotopes, the various water reservoirs
of the hydrosphere have different isotopic compositions (shown in Tab. 2.2).
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Reservoir Volume [%] δ18O [] δD []
Ocean 97.2 0 ± 1 0 ± 5
Ice caps and glaciers 2.15 -30 ± 15 -230 ± 120
Groundwater 0.62
Vadose water -5 ± 15 -40 ± 70
Dilute groundwater -8 ± 7 -50 ± 60
Brines 0 ± 4 -75 ± 50
Surface waters 0.017
Freshwater lakes -8 ± 7 -50 ± 60
Saline lakes and inland seas -2 ± 5 -40 ± 60
River and stream channels 8 ± 7 -50 ± 60
Atmospheric water 0.001 -20 ± 10 -150 ± 80
Table 2.2.: Approximate volumes and typical isotopic composition of different hydrosphere reser-
voirs. [Criss, 1999]
2.2.1 Effect of climate variations on the isotopic composition of precipitation
In 1964, Dansgaard has shown how climate variations effect the isotopic composition in
precipitation and introduced the following concepts:
• A linear relationship exists between the composition of isotopes in precipitation
and the local temperature (the so-called temperature effect). This temperature
effect can be seen in the depletion of stable water isotopes in precipitation from
the tropics to the high latitudes.
• In the tropics this linear relation collapses and is replaced by a weaker relation
between the amount of precipitation and its isotopic composition (the amount ef-
fect). The amount effect describes for example changes in the isotopic composition
over the seasons, thus explains the isotopic depletion of precipitation in the rainy
season and the relatively high isotope values during the dry season.
• The continental effect describes the gradual rain out over the land mass. This
effect may be represented relatively well by a Rayleigh model approach.
• The relation between the isotopic composition in precipitation and the altitude,
the altitude effect, is temperature-related and states that the isotope values are
gradually deplete with increasing elevation.
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2.2.2 The deuterium excess and the Meteoric Water Line
The isotopic relation of δD versus δ18O of global precipitation can be approximately
described by the Global Meteoric Water Line (GMWL), shown in Fig. 2.2, which was
given by Craig [1961] as: δD = 8 · δ18O + 10 []. The GMWL is governed in the ﬁrst
order, by the slope of 8, the relation between the equilibrium fractionation factors of
the isotopes 18O and D. In the second order, it shows a positive excess of δD, which is
globally approximated by 10 []. This excess of δD is caused by the kinetic fractionation
effects2.
In 1964, Dansgaard has deﬁned the quantity “deuterium excess” (dex) as:
dex = δD− 8 · δ18O []. (2.10)
The deuterium excess transports information about the atmospheric conditions during
evaporation to the place of precipitation. Thus, the deuterium excess indicates with
values of dex < 10 (dex > 10) humid (arid) conditions at the vapor source.
2.3 stable water isotopes in climate models
The isotopic composition of past environmental water has been recorded in various pa-
leo climate archives, e. g., ice cores [e. g., Petit et al., 1999], plant waxes [e. g., Collins
et al., 2013], corals [e. g., Giry et al., 2013], or speleothems3 [e. g., McDermott et al., 2011].
However, the interpretation of these proxy data is often not straight forward, as the mea-
sured isotopic signal combines diverse fractionation processes of the water’s history. For
instance a δ-signal retrieved from plant waxes often records, beside fractionation during
precipitation and evaporation, local hydrology and biochemical processes. Including
stable water isotopes as tracers in the hydrological cycle of climate models may help to
improve the understanding of the isotopic composition recorded in the climate archives.
Since Dansgaard [1964] has shown the coherence between the isotopic composition
of precipitation and climate variations, the investigation of numerical models, equipped
with stable water isotopes, has started as well. Dansgaard [1964] has explained several
climatic effects of stable water isotopes with a simple Rayleigh-type model. The most
complete kind of models representing the isotopic composition in the hydrology of
the Earth are general circulation models (GCMs) equipped with a stable water isotope
diagnostic. An important gain of incorporation stable water isotopes in GCMs is that
2 The diffuseness of deuterium is larger as for 18O, thus the deuterium is less effected by kinetic fractionation
effects, [Hoffmann, 1995].
3 A speleothem (or cave formation) is a secondary mineral deposit formed in a cave.
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Figure 2.2.: Meteoric relationship of δD = δ2H and δ18O in precipitation. Data are weighted
average annual values for precipitation monitored at stations in the IAEA global network.
[Clark and Fritz, 1997]
the model system is closed and all relevant parameters, crucially for the intensity and
evolution of fractionation processes, are calculated by the model itself.
Following the pioneering work of Joussaume et al. [1984], several atmospheric gen-
eral circulation models (AGCMs) were enhanced with modules for modeling stable wa-
ter isotopes in the hydrological cycle [e. g., Jouzel et al., 1987; Hoffmann et al., 1998;
Noone and Simmonds, 2002; Lee et al., 2007; Risi et al., 2010; Werner et al., 2011]. More-
over, ocean general circulation models (OGCMs) [e. g., Schmidt, 1998; Xu et al., 2012],
coupled atmosphere-ocean models [e. g., Schmidt et al., 2007; Tindall et al., 2009], land
surface models [e. g., Riley et al., 2002; Cuntz et al., 2003; Braud et al., 2005; Yoshimura
et al., 2006; Fischer, 2006], and coupled atmosphere-land surface models [Aleinov and
Schmidt, 2006] have also been equipped with a stable water isotope diagnostics. An
overview of the existing GCMs including an isotope module is given by Sturm et al.
[2010].
Including stable water isotopes into GCMs enables the possibility of investigation of the
relationship between isotopic concentration and climate variables, such as temperature
or the amount of precipitation, within the Earths various water reservoirs. Moreover,
2.4 stable water isotopes in leaf waxes 16
the isotope diagnostic within the climate models allows a direct model-data comparison
and analysis of the water’s history. The beneﬁt of proxy data interpretation by addition
of isotope modeling results is shown in various studies [e. g., Jouzel et al., 2000; Vuille
and Werner, 2005; Herold and Lohmann, 2009; Risi et al., 2010].
2.4 stable water isotopes in leaf waxes
In this doctoral study, model simulations are compared to the δD signal incorporated
in terrestrial leaf waxes [Niedermeyer et al., 2010; Beckmann et al., 2013, Beckmann,
personal communication]. In order to interpret the isotopic data in leaf waxes correctly,
one has to understand how the stable water isotopes are incorporated into the proxy.
Leaf waxes secure the leaf from environmental impact and control the evaporation
and hydration, especially in warm climates. Leaf waxes consist mainly of various n-
alkanes4. As a source for the hydrogen the plants use the environmental water. Since
plants produce leaf waxes over their whole lifetime, they incorporate a continuous iso-
topic signal.
The relation between the isotopic composition of precipitation and the isotopic signal
contained in leaf waxes is shown in the conceptual scheme from Sachse et al. [2012] in
Fig. 2.3. The soil water taken up by the plant is, due to the evaporation, relatively en-
riched with deuterium compared to the precipitation. This water is transported within
the plant via the xylem into the leafs, where it can transpire to the atmosphere. Until
leave cells are replenished with water, a fractionation process occurs during transpira-
tion between liquid water and water vapor in the stomata5. Therefore, the δD of the
remaining water in the leaf is relative enriched compared to the soil water. However, the
most important change in the isotope ratio is caused by the biosynthesis. During incor-
poration of hydrogen into the n-alkanes, the δD signal of the leaf waxes gets strongly
depleted compared to the δD of the water. The factor of depletion is dependent on the
plant type, as for example trees, shrubs, warm- or cold-season grasses [Sachse et al.,
2012]. These plant types can be classiﬁed into the functional plant groups of C3 and C4.
While the C3 plant type includes e. g. nearly all trees, could season grasses, and cold
season sedges, the C4 plant type enfolds e. g. warm season grasses and sedges [Sachse
et al., 2012].
Since the magnitude of the apparent fractionation within the plants is dependent on
the functional plant type, it is necessary to calculate the fraction of C3 and C4 vegetation
4 n-alkanes are characterized by the formation of linear and unbranched chains, which are only represented
by carbon and hydrogen. The general chemical formula is given by: CnH2n+2
5 Stomata are guard cells of the epidermis, which are used for internal and external gas exchange of a plant.
2.4 stable water isotopes in leaf waxes 17
Figure 2.3.: Conceptual model of the relation between environmental precipitation and δD in
n-alkanes from leaf wax. The red dot illustrates a hypothetical biosynthetic water pool,
bio is the biosynthetic hydrogen isotopic fractionation, and l/w denotes the isotopic
fractionation between lipids and source water. [Sachse et al., 2012]
in order to estimate the δD in precipitation (δDP) from the δD-signal in n-alkanes. The
reconstruction of the C4C3 plant ratio has been explained in detail by Castañeda et al.
[2009]. Based on the estimated C4C3 plant ratio the δDP can be estimated by using the net
fractionation l/w of the related functional plant types. However, since the maximum
error of the calculation of the functional plant types is approx. ±20% [Castañeda et al.,
2009], the estimated δDP values also include relatively high uncertainties.
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3
NORTH-WEST AFR ICAN MONSOON SYSTEM
The hydrology in North-West Africa is mainly driven by the North-West African mon-
soon system, which is the second largest monsoon system of the Earth [Fink, 2006]. In
this chapter, a short review of the main characteristics of this monsoon system is given.
Furthermore, the reasons for its variability on different timescales and some feedback-
mechanisms are summarized.
3.1 north-west african monsoon system — present-day
?????
??
?????
????
Figure 3.1.: (a) North Africa with the observed (ERA40) strength, in [mm/month], and position
of the North African rain-belt during the rainy season (mean over June–September). The
position of the wind system depicted in panel (b) is approximated by the red box. (b)
Scheme of the wind system over North-West Africa [after Druyan, 1996].
Most of the annual precipitation of North Africa occurs in the monsoon season, which
lasts from June to September. The North-West African monsoon system can be related to
the occurrence of the following wind systems: the Tropical Easterly Jet (TEJ), the African
19
3.1 north-west african monsoon system — present-day 20
Easterly Jet (AEJ), and the southwesterly monsoon ﬂow which is crossing the northeast
Harmattan trade winds (see Fig. 3.1b). The area where the monsoon winds meet the
Harmattan winds is called Intertropical Discontinuity (ITD). These wind systems deﬁne
the position of the North African rain belt and control its intensity [Nicholson, 2009].
The key components of the North-West African monsoon system can be described as
follows:
• The core region of the TEJ is located in approx. 150–200 hPa and 7◦N. This jet
is a result of the increased geopotential gradient given by the anticyclone of the
Sahara desert. Since the intensity of the TEJ differs strongly between dry and wet
years in the Sahel region, it could have a strong inﬂuence on the intensity of the
rainy season [Grist and Nicholson, 2001; Yeshanew and Jury, 2007]. The TEJ is able
to create local convergent or divergent areas, which are able to produce vertical
velocity and interact with the large scale circulation. Thus, the shift of the TEJ
core position between East and West Africa results in an ampliﬁed near surface
convergence at the Central Sahel region [e. g., Nicholson and Grist, 2003].
• The AEJ is located approx. at 650 hPa and 5◦ north of the ITD, which is in summer
approx. 14◦N. It is driven by the temperature gradient between the Sahara and the
Atlantic. During most of the rainy season the AEJ achieves the barotrope instability
criterion of a barocline jet stream [Charney and Stern, 1962]. As a result of the
barotropic instability the African Easterly Waves (AEW) arise at approx. 14◦E on
the jet niveau. Along the AEW, squall lines are formed which generate storms of
low pressure. These storms cause much of the precipitation in this region [Fink,
2006].
• The main driving mechanism of the monsoon wind is the different heating of the
North African land masses and Atlantic ocean. The strongest temperature gradient
exists during the summer months [Ramel et al., 2006]. This temperature gradient
is caused by the larger heat capacity of the ocean compared to the land. As a result,
the land surface heats up much faster during the boreal summer than the surface
layer of the ocean. Additionally, due to the current circulation of the ocean, warm
surface water is mixed with deeper and colder layers of water in the ocean. In con-
trast, on land surface heat transport only takes place by diffusion, thus the annual
variations of temperature are only dependent on radiation. As a result of those two
mechanisms, a gradient of geopotential height is developed, which causes an air
ﬂux from the Atlantic in the direction of the strongest warming on the continent.
These monsoon winds transport moisture to the land mass. On land surface the
monsoon wind is crossing at approx. 20◦N in West Africa (15◦N in East Africa)
3.2 influence of land surface conditions 21
with the dry North-East Harmattan winds. In this zone the ITD, which is charac-
terized by a shift of temperature and dew point, is forming. In literature, the ITD
is often equated with the Intertropical Convergence Zone (ITCZ), which is deﬁned
as the area with the maximal troposphere water vapor convergence column. At
present, the ITCZ has its northernmost position in August at approx. 11◦N. While
over the ocean the ITD, ITCZ and the area of maximal precipitation are mostly at
the same position, on the African continent they are separated [Nicholson, 2009].
During the boreal winter, when the solar radiation is weaker, the monsoon wind
reverses. Caused by the weaker insolation the air above the land mass cools more
rapidly than the air above the relatively warm ocean. This results in a gradient
of geopotential height with high pressure above the land mass and low pressure
above the ocean.
• The North African rain belt is formed by a couple of cloud systems, which are
highly dependent on the wind system. Thus, it also has a strong seasonal cycle.
While during winter northern Africa is inﬂuenced by the dry Harmattan winds,
during summer the rain belt is moving in northern direction. It is intensifying by
the wave activity of the AEJ at approx. 10◦N. The northernmost position of the rain
belt is in August at approx. 20◦N [Nicholson, 2009].
3.2 influence of land surface conditions
The monsoon wind is triggered by the diversity of surface warming between ocean and
land surface, therefore the characteristics of the North African monsoon system are also
inﬂuenced by the land surface.
• Charney [1975] has presumed that the droughts in the Sahel could be triggered by
feedback mechanisms between land surface and the monsoon system. This theory
relies on the mechanism of radiation in subtropical deserts. Although the Sahara
has a higher albedo than vegetated land surfaces, the absence of clouds above the
desert allows a strong surface warming. Therefore, the Sahara is a net radiation
sink relative to the surrounding environment. To obtain the thermodynamic equi-
librium, the air masses above the Saharan desert are forced to sink over large scale
areas. The sinking motion leads to the heating of the air, a reduction in relative
humidity and the dissolution of clouds. This in turn lowers the probability of rain
and consolidates the desert state. Moreover, Claussen [1997] has shown that a de-
crease in albedo reverses this processes, and the vegetation spreads further north
and the precipitation increases.
3.3 climate variability in the sahel on different timescales 22
• Even if the albedo is the determining factor in the relationship between land sur-
face and atmosphere [Levis et al., 2004], other parameters such as vegetation, sur-
face roughness, soil water holding capacity, and open water resorts have to be
taken into account as well. These parameters provide the strength of evaporation
and transpiration and therefore they affect also the energy budget. Those changes
of the surface energy budget are strong enough to provide modiﬁcations on the
large scale circulation. This in turn inﬂuences the strength and position of the
North African rain belt [see e. g. Nicholson, 2000].
3.3 climate variability in the sahel on different timescales
The factors responsible for climate variability can generally be divided into two classes:
boundary forcing and internal dynamics [Shukla, 1981]. While interannual variations
are mostly triggered by internal dynamics, the long term evolution is often driven by
changes of the boundary conditions (for example insolation or green-house gases).
3.3.1 Variability of present-day precipitation
North-West Africa, especially the Sahel, is a region with a high interannual or multi-year
variability in the amount of precipitation. There is also a large variability of the spatial
scale of precipitation in the Sahel. Depending on the spatial coherence, the literature
distinguishes between two common rainfall anomaly patterns: a dipole anomaly pattern
with the pivot approx. 10◦N (Fig. 3.2, left panel) and a non dipole pattern (Fig. 3.2,
right panel). The result are four different anomaly conﬁgurations which have varying
atmospheric and surface conditions. Nicholson and Grist [2001] have presumed different
causes for the dipole and non-dipole anomaly pattern. They were proposing that, while
the dipole pattern is mainly connected to a shift of the AEJ, the non-dipole pattern is
caused by factors which change the rainfall intensity. It has to be kept in mind, that the
distinction between the dipole and non-dipole patterns is useful in order to detect the
main differences in the rain belt. But in reality, climate processes on global and regional
scale compete and interact.
The displacement of the AEJ, and the resulting predominance of the more dipole pat-
tern is assumed to be triggered by regional changes of SST and SLP [Ward, 1998]. Due
to ampliﬁed SST and SLP gradients, the monsoon ﬂow is strengthened (and vice versa).
Nicholson and Grist [2001] were proposing that the northward shift of the AEJ during
wet years is caused by a well-developed monsoon ﬂow. It can also be observed that the
wet year anomaly corresponds to a weakened AEJ and an ampliﬁed TEJ [Nicholson and
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Figure 3.2.: Illustration of the prime annual rainfall anomaly pattern over North-West Africa.
[after Nicholson and Grist, 2001]
Webster, 2007]. The opposite effect can be seen in dry years [Nicholson and Webster,
2007]. Variations of the regional SST pattern may, for example, caused by the Atlantic
Multidecadal Oscillation (AMO). Mohino et al. [2011] have proposed that a positive phase
of AMO leads to enhanced Sahelian rainfall. Furthermore, theirs results indicate that the
Sahel drought in the 1980s can be related to the change of the AMO to a negative phase.
While the dipole rainfall anomaly pattern is linked to regional changes of SST and SLP,
the non-dipole pattern is more related to the global scale El Niño-Southern Oscillation
(ENSO) [Ward, 1998]. Its warm phase is accompanied by reduced rainfall in the Sahel
and higher SLP in the tropical North Atlantic. While July–September tends to be drier in
the Sahel and Sudan regions during warm events, June and October tend to be wetter
[Ward, 1998].
Other factors, which are inﬂuencing the intensity of precipitation, are for example
aerosols. Haywood et al. [2013] have investigated the impact from stratospheric aerosols
on the Sahelian rainfall. They have shown, while volcanic eruptions in the northern
hemisphere lead to dry Sahelian summers, aerosol injections in the southern hemisphere
result in an enhanced Sahelian precipitation. Furthermore, Ackerley et al. [2011] have
analyzed the sensitivity of Sahel rainfall on greenhouse gas and sulfate aerosol forcing.
Their results have shown that an increase of greenhouse gases cause an increase in
precipitation while an increase in aerosols leads to a reduction. Moreover, on a more
decadal time scale the climate variability in the Sahel is enhanced by vegetation and soil
moisture feedback mechanisms [Zeng et al., 1999].
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3.3.2 Evolution over the Holocene
Climate variability on orbital time scales is mainly forced by changes of the incoming so-
lar radiation. Changes in insolation are described by the Milankovic´ theory [Milankovic´,
1969]. The Serbian geophysicist and astronomer Milutin Milankovic´ proposed how the
cyclic variations in eccentricity, obliquity, and precession of the Earth collectively may
control the long term evolution of the climate. The combination of these three parame-
ters change the solar constant1 by approx. 5% to 10%, which highly effects the spatial
and intra-annual distribution of solar radiation.
• Eccentricity varies in two cycles, a 100,000 year cycle and a 413,000 year cycle. The
eccentricity describe the deviation of the elliptic orbit with respect to a circle, by
changes of it the Earth’s orbit became more or less elliptic. Variations in eccentricity
result in a change in the amount of solar radiation reaching the Earth at perihelion
(Earth’s nearest position to the sun) and aphelion (Earth’s farthest position to the
sun) position. Therefore, it inﬂuences the relative intensity of the seasonally incom-
ing solar radiation. It has opposite effects on northern and southern hemisphere.
• The cycle of obliquity continues over 41,000 years. Obliquity describe variations
on the tilt of Earth’s rotation axis and varies within the range 22.2◦ and 24.5◦. It
changes the strength of the seasons. The strongest responses are noticeable in the
high latitudes. Here, the effect on the northern and southern hemisphere is the
same.
• The precession parameter describe the orientation of the rotation axis of the Earth
and its shift follows an approx. 23,000 year cycle. Variations in precession results
mainly in changes of incoming solar radiation in (sub)tropical regions, which are
inﬂuencing the strength of seasonality in these regions. It has an opposite effect on
the hemispheres.
Since the North-West African monsoon system is triggered by the different heating of
ocean and land surface, most important for its variations on orbital time scales is the
modiﬁcation of the precession. During the early- and mid-Holocene, stronger summer
and weaker winter insolation were occurring (Fig. 3.3, panel A). The stronger summer
insolation ampliﬁed the differential warming between land and ocean and therefore the
low pressure system over North Africa. This results in a strengthening of the North-
West African summer monsoon (Fig. 3.3, panel B). Compared to the present, the weaker
1 The solar constant is the averaged intensity of solar radiation measured outside Earth’s atmosphere and at
Earth’s mean distance from the sun.
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Figure 3.3.: Panel A: Modiﬁcations of the boreal seasonal cycle of insolation. Panel B: Inﬂuence
of insolation on the summer monsoon. Panel C: Same as B but for the winter monsoon.
[Ruddiman, 2008]
solar radiation during boreal winter induced cooler land surface temperatures. This,
in turn, ampliﬁed the winter monsoon (Fig. 3.3, panel C). Consequently, the region of
North-West Africa was wetter and more vegetated than today. [Ruddiman, 2008]
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4
MODEL DESCR IPT ION
Models give the opportunity to investigate single trigger of climate change or feedback
mechanisms by changing initial or boundary conditions, and/or forcing factors. In gen-
eral a GCM is a numerical model, which is representing the physical laws and processes
which govern the climate. It can be distinguish between an atmosphere general circu-
lation model (AGCM), a ocean GCM, and fully coupled atmosphere ocean models. In an
AGCM, the atmosphere is split into a three dimensional grid (see Fig. 4.1), where for
each grid box the following fundamental equations need to be solved: Conversation of
energy, conversation of momentum, conversation of mass, ideal gas law, and the hydro-
static equation.
Figure 4.1.: Numerical principal of an atmosphere general circulation model [M. Werner, per-
sonal communication; after McGufﬁe and Henderson-Sellers, 2005].
The ﬁrst two parts of this chapter introduce brieﬂy the fully coupled (atmosphere-
ocean-land surface) GCM COSMOS and the coupled atmosphere-land surface model
ECHAM5-JSBACH. In Chapter 4.3, a detailed description of the isotope module em-
bedded in ECHAM5-JSBACH, called ECHAM5-JSBACH-wiso, is given. The ECHAM5-
JSBACH-wiso model has been developed within this work.
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4.1 the earth system model — cosmos
The “Community Earth System Models” (COSMOS) describe a full coupled Earth sys-
tem model with the components ECHAM5 as the atmosphere model, MPI-OM as the
ocean model, and JSBACH as the land surface scheme. Each model component can be
used also as a stand alone version. The atmosphere-ocean model ECHAM5-MPI-OM
is described in Jungclaus et al. [2006]. The ocean component MPI-OM, in particular its
numerical treatment, was introduced by Marsland et al. [2003]. For the full coupled
model COSMOS the land surface scheme JSBACH [Raddatz et al., 2007] is embedded
into the atmosphere model ECHAM5 and replaced the representation of the land sur-
face from the stand alone ECHAM5 model. JSBACH including also a dynamic module
for vegetation [Brovkin et al., 2009].
4.2 the atmosphere-land surface model — echam5-jsbach
ECHAM5 is an AGCM, developed mainly at the Max Planck Institute for Meteorology,
Hamburg, that consists of a spectral, dynamical core based on the equations of con-
servation of momentum, mass, and energy. This set of equations is completed by the
hydrostatic equation, the continuity equation, and a prediction equation for the surface
pressure [Roeckner et al., 2003]. The hydrological cycle in the model consists of the for-
mulations for evaporation of ocean water, evapotranspiration of terrestrial water, two
schemes for the formation of large scale and convective clouds, as well as an indepen-
dent advective transport of vapor, liquid, and frozen water within the atmosphere. A
detailed description of the physics of the model as well as changes to the earlier model
version can be found in Roeckner et al. [2003].
For the coupled ECHAM5-JSBACH model, the JSBACH routines calculate the terres-
trial boundary conditions for ECHAM5 over the land surface for each time step. This
includes a simulation of the exchange of energy, water, and momentum between the
land surface and the atmosphere. JSBACH is based on the ECHAM3 surface hydrology
scheme [DKRZ, 1992], which is also used by ECHAM5, and the biosphere model “Bio-
sphere Energy Transfer and Hydrology scheme”, called BETHY [Knorr, 2000]. The basic
idea of the model structure is a partitioning of the land surface. Each grid cell includes
8 tiles, which represent the fraction covered by one of the plant functional types (PFTs),
distinguishing between tropical and nontropical as well as deciduous and evergreen
trees, deciduous and evergreen shrubs, C3 grasses, and C4 grasses, as well as seasonally
bare soil and permanently bare soil, i. e. desert [Raddatz et al., 2007]. The simulated
vegetation is based on temporal change of growing, natural mortality, and disturbance
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mortality (e. g. wind, ﬁre). The modeling of vegetation and its dynamics are explained
in detail by Brovkin et al. [2009].
Figure 4.2.: ECHAM5-JSBACH soil scheme with the three water reservoirs: snow layer (sn), wa-
ter at the skin layer (wl), and a soil water layer (ws). The incoming precipitation (P) can
be distinguished in snowfall and rainfall. The water may leave a grid cell via evaporation
(E) and transpiration (T ), runoff, or drainage. The only water exchange between the water
reservoirs occurs during snow melt.
In ECHAM5-JSBACH the same land hydrology model is used as in the stand alone
version ECHAM5. The model comprises three surface water reservoirs: a snow layer
(sn), water at the skin layer of the canopy or bare soil (wl), and a soil water layer (ws).
These three types are each represented by a single layer bucket model, and the reservoirs
wl and ws have a prescribed maximum ﬁeld capacity. The snow reservoir is ﬁlled by
snowfall and depleted by snow melt or sublimation. The skin layer and the soil layer are
ﬁlled by rainfall and snow melt in the following order: ﬁrst the skin layer is ﬁlled until
its water holding capacity is exceeded, and secondly the non intercepted water ﬁlls the
soil reservoir. The modeled depletion of the skin layer can only occur by evaporation, the
depletion of the soil water reservoir occurs by evapotranspiration. There is no exchange
between these two reservoirs. If the soil water reservoir is saturated, surface runoff
occurs. Drainage occurs independent of the new precipitation, and it is calculated if the
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amount of soil water reaches 5% or more of the maximal soil water capacity. The runoff
respectively drainage scheme is based on examination of variations of the ﬁeld capacity
for soil water over the land surface [Dümenil and Tondini, 1992].
Furthermore, lakes are prescribed in ECHAM5-JSBACH by a lake mask. To calculate
the evaporation over larger lakes (i. e., grid cells with a lake fraction greater than 50%)
the same numerical scheme as for the ocean is used. A more detailed description of the
land hydrology model can be found in Roeckner et al. [2003].
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As in the stand alone atmosphere model ECHAM5-wiso the water isotope tracers in
ECHAM5-JSBACH-wiso are implemented parallel to the normal water cycle. Fractiona-
tion of H182 O and HDO versus H
16
2 O occurs during any phase change. Aside from frac-
tionation during evapotranspiration from the land surface, all fractionation processes
in ECHAM5-JSBACH-wiso are implemented in an identical manner to ECHAM5-wiso.
For evaporation over the ocean, the bulk formula described by Hoffmann et al. [1998]
is used. This equation includes the dependence of the isotope evaporation ﬂux on the
isotopic compositions of water vapor close to the ocean surface, evaporation temper-
ature, relative humidity, and wind speed at the ocean surface [Hoffmann et al., 1998].
The implementation of fractionation processes inside the cloud schemes, speciﬁcally dur-
ing cloud formation, are described in detail by Werner et al. [2011]. Furthermore, as in
ECHAM5-wiso the assumption is used that convective showers generate primarily large
raindrops equilibrating isotopically to only 45% as they fall through an undersaturated
atmosphere, and that large-scale clouds generate smaller rain drops equilibrating nearly
completely (95%) with their surrounding [see Hoffmann et al., 1998 for details].
Except for the process of evapotranspiration, the water isotope tracers are almost
passive in the land surface scheme JSBACH. For example, during surface runoff and
drainage the stable water isotopes are completely passive tracers and follow the nor-
mal water. The runoff is calculated as a composition of precipitation and snow melt.
The same is valid for the calculation of its isotope ratio. The drainage has the isotopic
composition of the soil water. It is also assumed that no fractionation during snow melt
occurs. Thus, the melt water has the same isotopic composition as the snow. The melt
water is added to the skin reservoir and the soil reservoir, respectively. After these reser-
voirs are ﬁlled the residual melt water is added to the runoff.
In order to calculate the evapotranspiration in ECHAM5-JSBACH, each grid cell is
divided into four cover fractions: the fraction Csn covered by snow, the fraction (1 −
Csn)Cwl covered with water in the skin reservoir, the fraction (1−Csn)(1−Cwl)Cveg
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covered by vegetation, and the fraction (1− Csn)(1− Cwl)(1− Cveg) covered by bare
soil. The complete evapotranspiration ﬂux is calculated by the weighted sum of evap-
otranspiration ﬂuxes occurring over these four fractions. The evapotranspiration from
the surface to the atmosphere is implemented with a negative sign convention. A posi-
tive ﬂux can be interpreted as dew formation. In order to incorporate the stable water
isotopes in ECHAM5-JSBACH the same convention is followed.
Water sublimates from snow at a potential evaporation rate, which is given by the
following equation:
Esn = ρ CV |vh| (qvap − qsat) , (4.1)
with qsat as the saturation speciﬁc humidity at the corresponding surface tempera-
ture, qvap as the humidity of the air level direct above surface, vh as the horizontal wind
speed at the surface, CV as the drag coefﬁcient for water ﬂux, and ρ as the density of
air. Since the diffusion rate in the ice crystal structure is very low, it is assumed that
no fractionation occurs during sublimation, which leads to the model assumption that
the evaporative ﬂux from snow has the same isotopic composition as the snow itself(
Exsn
Esn
= I
x
sn
Isn
= Rxsn
)
. (Here, and in the following paragraph Ix is used for the amount of
an isotopic species and Rx for the ratio of a isotope species with respect to H2O, with
x ∈ {H162 O, H182 O, HDO
}
.) This assumption leads to the following equation for the
isotope ﬂux during snow sublimation:
Exsn = R
x
sn ρ CV |vh| (qvap − qsat) . (4.2)
Analogously to Eq. 4.1 evaporation from the skin layer (wl) in ECHAM5-JSBACH is
calculated as:
Ewl = ρ CV |vh| (qvap − qsat) . (4.3)
The skin layer wl is modeled as a thin layer of water, which in general evaporates
completely within a few model time steps. If this entire water reservoir evaporates, the
total ﬂux has an identical isotopic composition as the water source and no fractionation
occurred. As this study focuses on temporal isotopic changes occurring over many time
steps, for simpliﬁcation is assumed that no fractionation occurs during evaporation from
skin layer at any time step, which is expressed as:
Exwl = R
x
wl ρ CV |vh| (qvap − qsat) . (4.4)
In ECHAM5-JSBACH, the following equation is used for the evaporation from bare
soil (bs):
Ebs = ρ CV |vh| (qvap − hws qsat) , (4.5)
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with hws as the relative humidity of the soil surface [DKRZ, 1992].
To calculate the fractionation during evaporation over land surface the same bulk for-
mula is used as described by Hoffmann et al. [1998]. To calculate the fractionation during
evaporation, the equilibrium fractionation factor αx(T), with T as surface temperature,
obtained from Majoube [1971b], and a factor for kinetic fractionation (αk) are used. Fur-
thermore the mixing ratio of the water isotopes in the layer above the surface qxvap and
the isotopic ratio of the saturation mixing ratio qxqsat analogue to Eq. 4.5 are needed.
While qxvap = Rxvap · qvap is known in the atmosphere above the surface, qxqsat can be
calculated with qxqsat = R
x
qsat · qsat. Here Rxqsat is the isotopic ratio of the saturation
speciﬁc humidity. If the equilibrium fractionation factor is used, Rxqsat can be expressed
by using the isotopic ratio of soil water with Rxqsat =
Rxws
αx(T) . So, the evaporation from
land surface enhanced with fractionation is described by:
Exbs = ρ CV |vh| αk
(
qxvap −
Rxws
αx(T)
hws qsat
)
. (4.6)
The term αk in Eq. 4.6 includes the non-equilibrium fractionation effects, taking into
account the kinetics during the diffusion of vapor from a thin layer just above the soil wa-
ter into the free atmosphere. For the calculation of the kinetic fractionation two different
approaches are tested.
First, it is assumed, that the same kinetic fractionation factor as for evaporation over
the ocean can be used over land as well:
αk = 1− λk (4.7)
with k =
⎧⎪⎨
⎪⎩
0.006 if |Vs|  7[m/s]
0.000285× Vs + 0.00082 if |Vs| > 7[m/s]
, λ =
⎧⎪⎨
⎪⎩
1 for 18O
0.88 for D
.
Here Vs is the horizontal wind speed at the surface and λ describes the ratio of the
isotope molecular diffusivity in air. In this approach αk is depending on the molecular
and turbulent resistance of water vapor, and it has been described in detail by Merlivat
and Jouzel [1979]. Typical values of αk for H182 O range between 0.994 and 0.998, and
according to Eq. 4.7 the values for HDO are slightly larger.
The second approach is presented by the study of Mathieu and Bariac [1996], where
αk is calculated as the nth power of the molecular diffusivity ratio in air:
αk =
[
dxv
dv
]n
, (4.8)
with dv (dxv) as the vapor diffusivity in air (vapor diffusivity of the isotopic species
x). The exponent n includes the inﬂuence of the turbulent and molecular resistance. As
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suggested by Riley et al. [2002], n = 0.67 is used in this study, which results in αk = 0.981
for H182 O and αk = 0.984 for HDO.
The impact of these two different kinetic fractionation factors on the isotopic compo-
sition of the different modeled water reservoirs is analyzed and discussed in detail in
Chapter 5.5.3.
Additionally to Eq. 4.6 a second approach for evaporation from bare soil is evaluated,
based on the assumption that no fractionation during evaporation over land surfaces
occurs. This leads to the modiﬁed formulation of Eq. 4.6 with:
E˜xbs = R
x
ws ρ CV |vh| (qvap − hws qsat) , (4.9)
which is identical to the implementation of evaporation from bare soil in ECHAM5-
wiso. This setup allows a comparison between the two models.
Since the hydrology inside the plants is not described by ECHAM5-JSBACH, the tran-
spired water is modeled as a potential transpiration ﬂux:
T = ρ CV |vh| S
−1 (qvap − qsat) . (4.10)
The factor S−1 is the transpiration efﬁciency, which includes among others the stom-
atal resistance of canopy. A detailed description can be found in DKRZ [1992]. Gat [1996]
has shown that there is no isotopic fractionation as roots take up water. This leads to
the model assumption that the isotopic composition of water inside the plants (Rxveg) is
identical to the isotopic composition of the soil water (Rxws = Rxveg). If no fractionation
occurring during transpiration is assumed, the transpiration isotope ﬂux is calculated
as follows:
Tx = Rxws ρ CV |vh| S
−1 (qvap − qsat) . (4.11)
To estimate the potential maximum fractionation effect for the combined evapotran-
spiration ﬂux over land surface, an additional sensitivity study is performed. Here, the
assumption is taken that the equilibrium fractionation occurs during both evaporation
and transpiration. As the JSBACH model does not resolve the hydrology inside the
plants and does not simulate the amount of leaf water, it is assumed that the whole
amount of transpired water can fractionate. This leads to the altered Eq. 4.11:
T˜x = ρ CV |vh| S
−1
(
qxvap −
Rxws
αx(T)
qsat
)
. (4.12)
It has to be kept in mind that this sensitivity study does not mimic the natural process
of isotope changes during transpiration [e. g. described by Sachse et al., 2012]. Neverthe-
less, the study is rated as a useful simulation for estimating the upper limit of isotope
changes related to the simulated evapotranspiration in ECHAM5-JSBACH-wiso.
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5
MODEL -EVALUAT ION
In this chapter the model ECHAM5-JSBACH-wiso is evaluated. The ﬁrst two sections
describe the experimental setup and the observational data set. They are followed by
the analysis of the spin-up period and the hydrological balance equation (Chapter 5.3)
as well as the inﬂuence of coupling between the atmosphere model ECHAM5 and land
surface scheme JSBACH (Chapter 5.4). The sensitiviy of fractionation processes over
land is investigated in Chapter 5.5. The last section of this chapter discusses the results
of the model evaluation.
5.1 experimental setup for the model evaluation
All simulations used in Chapter 5 are run under present-day conditions with a pre-
scribed vegetation distribution over a simulation period of 10 years after a spin-up pe-
riod of 2 years. It is distinguished between the model resolutions T31L19 (horizontal grid
size 3.8◦ × 3.8◦, 19 vertical model levels) and T63L31 (1.8◦ × 1.8◦, 31 levels). The simula-
tions are performed with AMIP-conform (Atmospheric Model Intercomparison Project)
present-day boundary conditions including prescribed climatological sea surface tem-
peratures and sea ice cover for the period 1979-1999 [see Taylor et al., 2000]. The lower
oceanic boundary condition for the atmospheric 18O isotopic composition is based on
the data set described by LeGrande and Schmidt [2006]. This is a global gridded data set
for sea surface water and sea ice. No equivalent data set is available for the composition
of HDO. Therefor, the lower oceanic boundary condition for the isotopic composition
of deuterium is derived from the observed relation for meteoric water on a global scale
[Craig and Gordon, 1965] and it is assumed that δD = 8 · δ18O for sea surface water and
sea ice.
To evaluate the sensitivity of the fractionation processes over land a set of present-day
simulations with various fractionation schemes is performed. The fractionation process
over land will be varied between no fractionation (simulation named noF, Chapter 4.3,
Eq. 4.9 and 4.11), fractionation occurring during evaporation only (FE, Chapter 4.3, Eq.
4.6 and 4.11), and the idealized setup where fractionation occurs during both evapo-
ration and transpiration (FET , Chapter 4.3, Eq. 4.6 and 4.12). These three cases are all
performed without any additional kinetic fractionation (αk = 1).
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In order to investigate the inﬂuence of the kinetic fractionation of terrestrial evapora-
tion on the isotopic composition of the different water reservoirs the FE fractionation
scheme is used and extended by two different calculations of the kinetic fractionation
factor αk. The ﬁrst setup, called FEKopenwater, uses the same kinetic fractionation factor
over land surface as over the ocean (Chapter 4.3, Eq. 4.7). The second setup calculates
αkin in dependence on the diffusion resistance and is called FEKdiffres (Chapter 4.3, Eq.
4.8).
For a comparison of the ECHAM5-JSBACH-wiso results with them of the stand-alone
ECHAM5-wiso model, two comparable present-day ECHAM5-wiso control simulations
in T31L19 and T63L31 resolution [published in Werner et al., 2011] are used.
5.2 observational data
As observational data for evaluating the model results the Global Network of Isotopes
in Precipitation (GNIP) database is chosen. Since 1961, the International Atomic Energy
Agency (IAEA) and the World Meteorology Organisation (WMO) have collected monthly
precipitation samples at more than 800 meteorological stations in 101 countries. Ad-
ditional information and the available data can be found in IAEA/WMO [2006]. For
this study 248 GNIP stations are chosen where isotope data has been recorded for at
least three consecutive years within the time period 1961 to 2008, and where at least 10
months of data per year are available. As a further restriction, only stations are used,
which provide a full monthly mean data set, including values of 2 m air temperature
(T2m), precipitation amount (P), and the isotopic composition of precipitation (hereafter
named δ18OP and δDP). One has to be aware that a period of three years is perhaps too
short to represent a long-term climatological mean value at the stations’ locations. On
the other hand there are only 74 GNIP stations which have collected 10 years or more of
data. Since most of them are located in central Europe, many regions in Asia, Americas,
Africa, and Australia would be underrepresented in such a limited data set. Therefore a
three-year time period is chosen in order to be able using a globally more representative
sample distribution.
5.3 analysis of the spin-up period and the hydrological balance
5.3.1 Spin-up period
For all experiments in this chapter a spin-up period of two years is used. Figure 5.1
displays monthly mean values of the global amount of soil water and precipitation over
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the simulation period of 10 years plus the two years spin-up time and the corresponding
δ-values of the three implemented model setups noF, FE, and FET . It is shown that the
simulated atmosphere reaches its equilibrium within the ﬁrst simulation year, while the
land surface reaches its equilibrium after the ﬁrst two years. One could argue that there
is still a small trend in the global values of δ18O of soil water (hereafter named δ18Ows)
during the simulation years 3–5, but this trend is negligible for all ﬁndings in this study.
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Figure 5.1.: (Top) Global amount of soil water (black) in [km3] and it’s isotopic composition
δ18Ows for the noF-setup (blue), FE-setup (red) and the FET -setup (green) in []. (Bottom)
The same as in the top panel, but for precipitation. The ruby line marks the end of the
spin-up period.
5.3.2 Global water budget
For an investigation of the hydrological cycle it is relevant to know, if the global wa-
ter balance equation precipitation = evapotranspiration is solved. In the ECHAM5-
JSBACH-wiso model the global water balance equation is, with a deviation of less then
0.004% between precipitation and evapotranspiration, solved by the model (see Table 1).
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The absolute amounts of H182 O in precipitation and evapotranspiration correspond to
an isotopic composition of -6.1 for all model setups.
precipitation evapotranspiration deviation [%]
H2O [km3] 519356.000 521431.000 -0.003995
H182 O [km
3] noF 1035.080 1039.180 -0.003961
FE 1035.080 1039.170 -0.003951
FET 1035.080 1039.170 -0.003951
Table 5.1.: Global annual amount of precipitation and evapotranspiration for H2O and H182 O.
5.4 impact of the coupling from echam5 and jsbach
To get an impression of how the overall model results change by using ECHAM5-
JSBACH-wiso instead of ECHAM5-wiso ﬁrst the simulated surface temperature, precipi-
tation amount, and soil wetness results of both models are compared. All these variables
are independent of the isotope diagnostic scheme, and differences between simulation
results of both models are related to the changed representation of land surface pro-
cesses in ECHAM5-JSBACH as compared to the stand-alone ECHAM5 model. Then,
the simulated δ18OP is analyzed. As no fractionation for evaporation and transpiration
processes has been assumed in the ECHAM5-wiso model by Werner et al., [2011], the
analogous ECHAM5-JSBACH-wiso setup (noF) is used for this comparison.
5.4.1 Surface temperature, precipitation amount, and soil wetness
Figure 5.2a and 5.3a show the mean annual temperature and soil wetness as simu-
lated by ECHAM5-JSBACH-wiso for the model resolution T31L19. The corresponding
anomaly as compared to the comparable ECHAM5-wiso simulation is pictured in Fig.
5.2b and 5.3b. The modeled temperature difference varies from a −2.7◦C and −1.4◦C
decrease over Antarctica and Greenland to a warming of +0.5◦C to +2◦C over Eurasia
and North America. The strongest change is shown in North-East Russia with +2.1◦C.
These temperature changes are strongly related to the variation of the simulated surface
albedo (Fig. 5.4a), which shows an increase over Antarctica as well as Greenland and a
decrease over North America and Eurasia. For the ﬁner resolution T63L31 (not shown)
most of the anomaly pattern are similar. Only in some regions, due to the ﬁner descrip-
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Figure 5.2.: Comparison of ECHAM5-JSBACH-wiso and ECHAM5-wiso at resolution T31L19:
(a) the annual mean values of surface temperature (T ) as well as (b) the anomaly between
ECHAM5-JSBACH-wiso and ECHAM5-wiso are shown.
tion of regional attributes, deviations between the anomalies are detected. Simulated
surface temperatures differ by 1◦C, or less between the resolutions.
The simulated soil wetness differs between both models as well (Fig. 5.3b). The most
notable changes are in the Amazon region, where an increase of 0.2 m is present, and
in South Africa, where a decrease of 0.25 m can be seen. There is also a clear increase
in a range of 0.08 m to 0.15 m over the Sahara. Most locations displaying a decrease
in soil moisture generally show also an increase of evapotranspiration, which can be
linked to changes in the simulated surface temperature. The increase of soil moisture in
the Amazon region and the Saharan Africa can be directly linked to an increase of the
prescribed maximum soil water capacity (Fig. 5.4b). This difference between ECHAM5-
wiso and ECHAM5-JSBACH-wiso was introduced to enable a more realistic simulation
of vegetation coverage over the tropical regions [Hagemann et al., 1999]. It was only
introduced for the T31L19 resolution. Consequently, no similar soil water anomalies are
found in the corresponding T63L31 simulation. Furthermore, in T63L31 a slight increase
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Figure 5.3.: Same as Fig. 5.2, but for soil wetness.
of soil wetness is simulated over Australia. This could be related to the ﬁner resolution
of albedo which results in a temperature change.
The simulated mean annual precipitation amount (not shown) shows nearly the same
pattern in both models. For ECHAM5-JSBACH-wiso less annual mean precipitation in
the range of 30-60 mm/month (which corresponds to 0.5–4% of the annual mean precip-
itation amount at the various locations) is simulated over middle and South Africa and
over India.
5.4.2 Isotopic composition of precipitation
Figure 5.5 shows the simulated δ18OP using the noF setup (no fractionation during
evaporation and transpiration) of ECHAM5-JSBACH-wiso for both model resolutions,
T31L19 (Fig. 5.5a) and T63L31 (Fig. 5.5b). Both simulations depict the typical δ18OP
pattern described by Dansgaard [1964]. One can see a depletion from the tropics to the
high latitudes (temperature effect) as well as a depletion from the oceans to the land
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Figure 5.4.: Anomaly plot between ECHAM5-JSBACH-wiso and ECHAM5-wiso: (a) annual
mean values of albedo, and (b) annual mean values of maximal soil water capacity.
masses of North America and Eurasia (continental effect). A depletion of δ18OP above
the mountain areas can also be identiﬁed (altitude effect), for example for the Andes.
However, Fig. 5.5b also shows that the altitude effect is better represented in the higher
model resolution T61L31. The root mean square error (RMSE) between the simulations
and the GNIP data is 2.15 for T31L19 and 1.78 for T63L31, which shows that the
simulated δ18OP values generally improve for a higher ECHAM5-JSBACH-wiso model
resolution. For the analogue simulations with the ECHAM5-wiso model the calculated
RMSE with respect to the same set of GNIP stations is 2.25 for T31L19 and 1.89 for
T63L31. Thus, both models show similar results for δ18OP on a global scale.
In order to further analyze the impact of the coupling of ECHAM5 with JSBACH for
the simulation of stable water isotopes, the difference of δ18OP between the ECHAM5-
JSBACH-wiso and the ECHAM5-wiso simulations is calculated for both resolutions (Fig.
5.6). Due to the relative short simulation period of 10 years, in the analysis of δ18OP
changes in the range of -1 to +1 are excluded, as such small differences might be
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Figure 5.5.: Global map of observed δ18OP values (circles) and by ECHAM5-JSBACH-wiso simu-
lated present-day annual mean δ18OP values (background map) for the model resolutions
(a) T31L19 and (b) T63L31.
caused by internal model variability, only. For T31L19, the strongest differences with
an increase up to approx. +4 are located in the region North Africa to the Arabian
Peninsula. This anomaly can be related to a decrease in the amount of precipitation
in ECHAM5-JSBACH-wiso related to ECHAM5-wiso. Negative anomalies, which are
below -1, are only simulated in the high latitudes over Greenland, Antarctica and
North-East Russia. Over Antarctica and Greenland the changes are most likely due to the
different temperatures simulated in this region (see Fig. 5.2). The anomalies over North-
East Russia can be linked to an increase of precipitation. Largest differences between the
model resolutions are found for North-East Russia, wich is most likely linked to warmer
temperatures and reduced regional precipitation in the T63L31 simulation.
For a further model evaluation the relationship between δ18OP and 2m temperature
above the surface (δ18OP − T2m) as well as δ18OP and the amount of precipitation
(δ18OP −P) are investigated. For the δ18OP-temperature relationship those 186 GNIP sta-
tions, where the annual mean temperature is below 20◦C are used. Figure 5.7 displays
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Figure 5.6.: Anomaly of ECHAM5-JSBACH-wiso - ECHAM5-wiso of annual mean δ18OP values
for the model resolutions (a) T31L19 and (b) T63L19. The gray areas in the ﬁgures mark
those grid boxes where the simulated interannual variability of ECHAM5-JSBACH-wiso
or ECHAM5-wiso is larger than 2.
the simulated δ18OP − T2m relation for both ECHAM5-JSBACH-wiso and ECHAM5-
wiso. Both models show a similar δ18OP − T2m relation as derived from the GNIP data,
but slightly overestimate δ18OP. The simulated strong correlation between δ18OP and
T2m in ECHAM5-JSBACH-wiso is statistically signiﬁcant for both model resolutions
(Pearson Correlation coefﬁcient: r = 0.816 for T31 and r = 0.845 for T63), similar to
the observed correlation at the GNIP stations (r = 0.909). As seen in Fig. 5.7, the simu-
lated δ18OP − T2m relation also slightly improves for the ﬁner model resolution T63L31.
For the correlation of δ18OP and precipitation 62 GNIP stations with a mean annual
temperature above or equal to 20◦C are chosen. The simulated relation ﬁts quite well
to the observed one for both model resolutions (Fig. 5.8) with a slight tendency to un-
derestimate the δ18OP − P relation in the T31L19 resolution (both ECHAM5-wiso and
ECHAM5-JSBACH-wiso). In this study it is refrained from a more quantitative analysis
of the simulated δ18OP − T2m and δ18OP − P relation as both the simulated and ob-
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Figure 5.7.: Comparison of the simulated δ18OP − T2m relation of ECHAM5-JSBACH-wiso (noF)
with ECHAM5-wiso for the resolutions (a) T31L19 and (b) T63L31. For comparison with
the observed relation, the data from those GNIP stations, where the annual mean tempera-
ture is below 20◦C is used.
served mean δ18OP, T , and P values may contain relatively large uncertainties due to
the short simulation (10 years) and GNIP observation (3 years or more) period.
In summary, the analysis show that the coupling of the atmosphere model ECHAM5
with the surface scheme JSBACH has a detectable impact on the simulated temperature,
evapotranspiration, and soil wetness. These changes are related to the alteration in the
simulated surface albedo parameters and the prescribed maximum soil wetness. The
simulated precipitation amount is less strongly inﬂuenced by the coupling. Since the
isotopic composition of precipitation highly depends on these variables, the coupling
of ECHAM5 with JSBACH also has a noticeable impact on the simulated δ18OP values
in various regions. However, the analysis also reveal that the ECHAM5-JSBACH-wiso
model is capable of simulating a global distribution of δ18OP in a good overall agree-
ment with available observations from GNIP stations, similar to previous results retrieved
with the stand-alone ECHAM5-wiso model [Werner et al., 2011].
5.5 fractionation processes over land surfaces
In this part the sensitivity of the ECHAM5-JSBACH-wiso simulation results regarding
different assumptions for both the equilibrium fractionation (Chapter 5.5.1 and 5.5.2)
as well as the kinetic fractionation (Chapter 5.5.3) over land surface is investigated. All
simulations in this part are performed at resolution T31L19.
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Figure 5.8.: Comparison of the simulated δ18OP − P relation of ECHAM5-JSBACH-wiso with
ECHAM5-wiso for the resolutions (a) T31L19 and (b) T63L31. For comparison with the
observed relation, data from those GNIP stations, where the annual mean temperature is
above or equal 20◦C are used. Please note that the linear ﬁts of the ECHAM5-JSBACH-
wiso experiment (green line) and the ECHAM5-wiso experiment (red line) are almost
identical and strongly overlap in the plot.
5.5.1 Equilibrium fractionation during evaporation and transpiration
When water evapotranspirates from the land surface, it can evaporate from bare soil or
skin layer, sublimate from snow, or transpire through the vegetation. According to Wang
and Dickinson [2012], transpiration is the largest contributor to evapotranspiration on a
global scale. This relevance of transpiration is also seen in the ECHAM5-JSBACH-wiso
simulations. In Fig. 5.9 the modeled annual mean evapotranspiration ﬂux from land
surface (Fig. 5.9a) and the fraction of evaporation in relation to the total evapotranspi-
ration ﬂux (Fig. 5.9b) are shown. Especially in the (sub)tropical regions, transpiration is
the dominant water ﬂux from land surface to the atmosphere, while evaporation domi-
nates over transpiration mainly in northern high latitude regions as well as the Tibetan
Plateau.
For the incorporation of stable water isotopes in GCMs or land surface schemes various
assumptions for the description of the equilibrium fractionation process during evapo-
transpiration have been utilized. In order to investigate the inﬂuence of fractionation pro-
cesses over land surface on the isotopic composition of precipitation two extreme cases
for transpiration are assumed in this sensitivity studies: For one model setup (named
FE, see Chapter 4.3, Eq. 4.6 and Eq. 4.11) isotope fractionation is assumed during evap-
oration processes, only, and for another setup (FET , see Chapter 4.3, Eq. 4.6 and Eq.
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Figure 5.9.: Panel (a) shows the annual mean amount of evapotranspiration from land surface,
and (b) the fraction of evaporation expressed as percentual amount of total evapotranspi-
ration.
4.12) isotope fractionation is assumed for the complete simulated evapotranspiration
ﬂux. As a third case comparable to many previous GCM studies another setup (noF, see
Chapter 4.3, Eq. 4.9 and Eq. 4.11) is examined in which no fractionation occurs during
evaporation and transpiration, at all.
Figure 5.10 shows the anomalies of the modeled annual mean δ18Ows between the
FE−noF (Fig. 5.10a) and the FET −noF setup (Fig. 5.10b). For the comparison of FE and
noF (Fig. 5.10a) a relative stronger enrichment of δ18Ows is seen in the FE setup from
0.5 to 4 in regions with a relatively high evaporation rate (Fig. 5.9). The fractionation
during evaporation leads to a relative depletion of near-surface vapor in the FE setup as
compared to the noF setup. Due to this variation in vapor a slight depletion of δ18OP in
the FE setup, compared to the noF one, ranging from -0.7 to -0.1 can be detected over
the regions of North America, most parts of Eurasia, the Amazon region, and southern
Africa (Fig. 5.11a). However, over the Tibetan Plateau and North-East Africa, the δ18OP
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Figure 5.10.: Annual mean values of the simulated anomaly of δ18Ows for (a) FE− noF and (b)
FET −noF.
in the FE setup is relatively more enriched than in the noF setup with differences in
the range of 0.1 to 0.9. These enrichments are most likely a result of recycling of
relative enriched local soil water. A detailed explanation, how local recycling may lead
to positive anomalies, is given in Appendix A.
The anomaly plot of the isotopic composition of soil water of FET − noF (Fig. 5.10b)
reveals a stronger enrichment of δ18Ows for the FET setup relative to the noF setup,
as well as to the FE setup, over the tropics and mid latitudes. The range of this enrich-
ment is 0.2 to 10. Only at North-East Russia a slight depletion of δ18Ows of approx.
0.1 in FET setup compared to noF setup is shown, which can be linked to the depletion
of precipitation in this area. When using the FET setup instead of the noF one, a relative
stronger enrichment of modeled annual mean δ18OP in the range of 0.1 to 0.8 is
detected over the a region stretching from North Africa via the Arabian Peninsula to
the Tibetan Plateau, South Africa, Central America, the Amazon region and North Aus-
tralia (Fig. 5.11b). This enrichment is most likely caused by the recycling of the modeled
enriched soil water due to the relatively high evapotranspiration rate at these areas (see
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Figure 5.11.: The same as Fig. 5.10 but for δ18OP.
also Appendix A). Furthermore, a stronger depletion of δ18OP from -1 to -0.2 is sim-
ulated over North America and North Eurasia, where the strongest anomaly is shown
over North-East Russia.
Next, it is analyzed how accurately the different setups FE, FET , and noF simulate
the δ18O (δD) values in precipitation as compared to the various present-day GNIP ob-
servations. For this calculation, the set of 248 GNIP stations described in Chapter 5.2 is
used and again it is distinguished between GNIP data of stations with a mean annual
temperature T < 20◦C (Fig. 5.12a) and those stations with a mean annual temperature
T  20◦C (Fig. 5.12b). Table 5.2 shows the calculated correlation between simulated and
observational values. For all three model setups, the calculated correlation between sim-
ulated and observational values is signiﬁcant for δ18OP and δDP (see Table 5.2) and very
similar for all setups. However, Fig. 5.12a also shows that all three simulations overesti-
mate δ18OP for most of these GNIP stations. A slightly different result is found for GNIP
stations with T  20◦C (Fig. 5.12b). For these stations, the δ18OP is in numerous cases
underestimated in all setups.
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Simulation Setup
δ18Op δDp
r RMSE r RMSE
noF (T < 20◦C) 0.891 2.40 0.911 18.09
FE (T < 20◦C) 0.892 2.38 0.911 17.84
FET (T < 20◦C) 0.893 2.36 0.912 17.64
noF (T  20◦C) 0.769 1.34 0.768 11.15
FE (T  20◦C) 0.771 1.35 0.776 11.11
FET (T  20◦C) 0.769 1.30 0.766 10.91
Table 5.2.: Pearson Correlation Coefﬁcient r and root mean square error RMSE of observed and
by ECHAM5-JSBACH-wiso simulated δ18Op (δDp) values.
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Figure 5.12.: Comparison of ECHAM5-JSBACH-wiso simulated and observational data of
δ18OP: (a) T < 20◦C and (b) T  20◦C.
5.5.2 Seasonal changes due to equilibrium fractionation
In order to get a more detailed picture regarding the modeled isotope variations, the
seasonal cycle of the simulations using the FE, FET and noF model setup is analyzed.
For this purpose nine GNIP stations from different geographical positions, which differ
in the seasonal cycle of vegetation, amount of precipitation, surface temperature and the
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inﬂuence of evaporation over land, are chosen and the ECHAM5-JSBACH-wiso results
are compared to these GNIP data.
The ﬁrst two stations are located on islands, where the inﬂuence of evaporation from
the land surface is negligible in comparison to evaporation from the surrounding ocean.
The station Reykjavik is chosen to represent the high northern latitudes and the GNIP
station in Jakarta represents the tropics. Since the only distinguishing factor between
the three model setups is the fractionation of evapotranspiration over land, one can as-
sume, that the model behaves similarly in all implementations for the selected islands.
For Reykjavik (Fig. 5.13a) all simulations reveal a correct seasonal timing of tempera-
ture, precipitation, and δ18OP. While the simulated δ18Ows shows an enrichment of
+2 in the FE and FET setup in comparison to the noF setup, the simulated δ18OP
is very similar in the three setups. For Jakarta (Fig. 5.13b) the simulated evaporation
and transpiration from land as well as the simulated soil wetness are undeﬁned. While
the simulated surface temperature is in a good agreement with the observed values in
Jakarta, the simulated precipitation is strongly overestimated in the period April till July.
The δ18OP has a correct timing of the seasonal cycle, but slightly too enriched values in
fall. For all three model setups the calculated δ18OP is very similar.
As most regions of strong depletion in δ18OP varying between the different ECHAM5-
JSBACH-wiso sensitivity experiments are in North America and Eurasia (as seen in Fig.
5.11) three stations of these regions are chosen for comparison: Vienna, Ottawa, and
Yakutsk. At all these locations, strong seasonal variations of vegetation and temperature
exist, but the amplitude of the temperature variations varies strongly.
At Vienna (Fig. 5.14a), the simulated temperature ﬁts well with the observations, but
the modeled precipitation shows an overestimation during winter and spring. For all
three model setups, the δ18OP displays the correct seasonality but a slight offset in the
range of +1 to +2 as compared to the GNIP values. Only in spring and summer the
three simulations differ in a range of ±1. The simulated temperature also ﬁts well in
Ottawa (Fig. 5.14b), however all simulation setups overestimate the seasonality of pre-
cipitation. For δ18OP, the simulation results have a correct seasonal timing, but all sim-
ulations overestimate the seasonal δ18OP amplitude, especially in summer. For Yakutsk,
all model experiments reveal a correct timing of the seasonality for temperature, precip-
tation, and δ18OP (Fig. 5.14c). While the seasonal amplitude of temperature and δ18OP
agrees well with the GNIP observations, the ECHAM5-JSBACH-wiso model simulates
too much summer precipitation in this region. For the noF, FE, and FET model setups,
the simulated δ18OP is very similar except of the summer, there a difference up to 1 is
detected between the simulations. By comparison of the simulated soil wetness for the
three GNIP stations Vienna, Ottawa, and Yakutsk, differences in the amplitude can be de-
5.5 fractionation processes over land surfaces 51
0.00
0.02
0.04
0.06
0.08
0.10
bl
a
bla
0.00
0.02
0.04
0.06
0.08
0.10
bl
a
0
4
8
12
T 
[°
C
]
2 4 6 8 10 12
(a) Reykjavik
20
40
60
80
100
120
0.00
0.02
0.04
0.06
0.08
0.10
bl
a
bla
0.00
0.02
0.04
0.06
0.08
0.10
bl
a
1
15
20
25
3
2 4 6 8 10 12
(b) Jakarta
100
150
200
250
300
350
400
P
 [m
m
/m
on
th
]
0.00
0.02
0.04
0.06
0.08
0.10
bl
a
bla
0.00
0.02
0.04
0.06
0.08
0.10
bl
a
−12
−10
−8
−
−4
−2
δ1
8 O
P
 [‰
]
2 4 6 8 10 12 0.00
0.02
0.04
0.06
0.08
0.10
bl
a
bla
0.00
0.02
0.04
0.06
0.08
0.10
bl
a
−8
−6
−4
−2
2 4 6 8 10 12
0.00
0.02
0.04
0.06
0.08
0.10
bl
a
bla
0.00
0.02
0.04
0.06
0.08
0.10
bl
a
−1
−8
−6
−4
δ1
8 O
w
s [
‰
]
2 4 6 8 10 12 0.00
0.02
0.04
0.06
0.08
0.10
bl
a
bla
0.00
0.02
0.04
0.06
0.08
0.10
bl
a
−8
−6
−4
−2
2 4 6 8 10 12 4
0.6
0.8
1 0
w
s 
[m
]T h e r e  i s  n o  s o i l
reservoir simulated for
Jaka r ta  i n  T31L19
resolution.
0.00
0.02
0.04
0.06
0.08
0.10
bl
a
bla
0.00
0.02
0.04
0.06
0.08
0.10
bl
a
1
15
20
25
30
35
4
E
T 
[m
m
/m
on
th
]
2 4 6 8 10 12 0
20
40
60
80
100
0.00
0.02
0.04
0.06
0.08
0.10
bl
a
bla
0.00
0.02
0.04
0.06
0.08
0.10
bl
a
1
120
140
160
180
20
2 4 6 8 10 12 0
20
40
60
80
100
E
 [%
]
There is no ET and E
simulated for Jakarta
in T31L19 resolution.
GNIP (left axis)
GNIP (right axis)
ECHAM5−JSBACH−wiso (left axis)
ECHAM5−JSBACH−wiso (right axis)
noF
FE
FET
Figure 5.13.: Seasonal cycles of temperature T , precipitation amount P, isotopic composition of
precipitation δ18OP, isotopic composition of soil water δ18Ows, depth of soil water
bucket reservoir ws, evapotranspiration from land surface ET , and fraction of evapo-
ration E for the locations (a) Reykjavik, (b) Jakarta. The dotted lines represent the obser-
vational GNIP values (left axis=black, right axis=red). For the simulations the black/red
lines represent the simulated T , P, ET , ws and the fraction of evaporation E. The sim-
ulated δ18O values in precipitation and the soil water bucket reservoir are the yellow
(noF), green (FE) and blue (FET ) lines.
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Figure 5.14.: As ﬁgure 5.13, but for the locations (a ) Vienna, (b) Ottawa, and (c) Yakutsk.
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tected. The calculated amplitudes of the seasonal changes of the soil water bucket depth
are approximately 11 cm for Vienna, 8 cm for Ottawa, and 3 cm for Yakutsk, respectively.
Furthermore, the time interval in which transpiration takes place varies for these three
stations, the longest, with March to November, is simulated for Vienna, a similar range
(April to November) is simulated for Ottawa, and for Yakutsk only an interval from June
to October is calculated.
To analyze the model performance in arid areas or regions with strong seasonal precip-
itation changes, the stations Alexandria (Fig. 5.15a), Bamako (Fig. 5.15b), Kinshasa (Fig.
5.16a), and Addis Ababa (Fig. 5.16b) are examined. Alexandria is located in a very arid
area with a dry season between May and September. This dry season is well simulated
in ECHAM5-JSBACH-wiso, but the winter precipitation in the model is underestimated.
Both temperature and δ18OP agree well with the GNIP observations with a slight overes-
timation of the simulated δ18OP. Furthermore, the ECHAM5-JSBACH-wiso simulates a
very thin soil bucket depth (approx. 0.05 m) as well as a very small evapotranspiration
ﬂux. While for FE and noF the simulated δ18Ows is nearly the same, the δ18Ows in the
FET setup is approx. 0.5 heavier. For Alexandria all three simulations show the same
weak seasonality for the isotopic composition of soil water. For Bamako (Fig. 5.15b), the
simulated precipitation and temperature ﬁt well with the observations. The simulated
δ18OP values are approximately the same for all implementations, with too depleted
δ18OP values in the dry season between January and May as compared to the GNIP data.
The peak of the summer depletion is simulated with a delay of one month. For the soil
water bucket depth, the ECHAM5-JSBACH-wiso model simulates a strong seasonality
(from 0.4 m during the dry season to 0.85 m during the wet season), but the related
δ18Ows values of the noF and FE setup display weak seasonal variations. Additionally,
these two simulations have more or less the same δ18Ows values. Only for the FET setup,
strong seasonal changes of δ18Ows are simulated.
Similarly to the situation at Bamako, the monthly model results of temperature and
precipitation for Kinshasa (Fig. 5.16a) ﬁt well to the observations. One major exception
is an underestimation of the modeled precipitation amount in November. The simula-
tion results reveal also a strong seasonality of the soil water bucket depth (from 0.20 m
during the dry season to 0.40 m during the wet season). Again, the simulated δ18Ows
values for FE and noF are more or less the same with weak seasonal variations, while
the FET results show a strong seasonal cycle, inversely correlated to the seasonality of
ws. Furthermore, the modeled δ18Ows values for the FET setup are stronger enriched
by 3–8 when compared to the noF or FE setup. These differences of the noF or FE,
and FET setup, in combination with the amount of evaporation, are directly imprinted
in the simulated δ18OP values at the location Kinshasa. At Addis Ababa (Fig. 5.16b),
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Figure 5.15.: As ﬁgure 5.13, but for the locations (a) Alexandria and (b) Bamako.
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Figure 5.16.: As ﬁgure 5.13, but for the locations (a) Kinshasa and (b) Addis Ababa.
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the simulated temperature is strongly overestimated by +5◦ to +12◦C. Modeled precipi-
tation values have a correct seasonal timing, but the amount of summer precipitation is
underestimated. The simulated soil wetness also shows a strong seasonality, which lags
the seasonal cycle of precipitation by 2 months. The modeled δ18Ows values are almost
constant in the noF and FE setup, but the FET setup is slightly more enriched. While the
FET setup shows seasonal changes in δ18Ows inversely correlated to the seasonal cycle
of soil wetness, the simulated seasonal cycle of δ18OP in all model setups is more or less
the same, but does not agree with the GNIP observations.
The performed sensitivity studies reveal that the various simulation results with the
ECHAM5-JSBACH-wiso model are in relatively good agreement with the GNIP obser-
vations. In Fig. 9, it is shown that in many cases with a surface temperature T  20◦C
the model rather overestimates the isotopic values in precipitation while in cases with
higher surface temperature (T > 20◦C) the simulated values are more often underesti-
mated. The incorporation of fractionation effects during evaporation and transpiration
in FE and FET setup does not lead to substantial improvements for δ18OP as compared
to the noF setup and the observations (Fig. 9, Table 5.2).
Part of the model mismatch is probably related to the rather simple one-layer bucket
model of soil water, implemented in the coupled ECHAM5-JSBACH model. When using
a simple bucket model for the soil water, the whole soil water reservoir does have an
identical isotopic composition. Any vertical moisture dynamics and changes of the iso-
topic composition with the soil moisture depth are neglected. But it is well known from
observations [see, e. g., Allison and Hughes, 1983; Hsieh et al., 1998] that strong vertical
isotope gradients in soil can exist. Enrichment does mainly occur in the upper soil layers,
while water in deeper soil layers, which can be used for plant transpiration, is more de-
pleted. Thus, an one-layer bucked model will most likely result in too depleted isotope
values of evaporated and too enriched isotope values of transpired water. Furthermore,
in a previous study, Schulz et al. [2001] analyzed the results of coupling the ECHAM
model with various land surface schemes of different complexity. They showed that a
bucket model tends to calculate higher evapotranspiration amounts than more complex
schemes. Such overestimation will result in a too strong inﬂuence of the isotopic compo-
sition of the soil water on the atmospheric isotopic composition, and consequently, on
the isotopic values simulated in precipitation.
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Figure 5.17.: Annual mean value of the simulated anomaly of δ18Ows for (a) FEopenwater − FE,
(b) FEdiffres − FE.
5.5.3 Sensitivity of kinetic fractionation
In order to examine the inﬂuence of the kinetic fractionation coefﬁcient αk of terrestrial
evaporation on the isotopic composition, the model setup FE (equilibrium fractionation
occurring during evaporation only) extended by two calculations of the kinetic fraction-
ation is used: For the ﬁrst model setup (named FEKopenwater) the same kinetic coefﬁ-
cient as over the ocean (see Chapter 4.3, Eq. 4.7) is assumed, which is presented in the
study given by Merlivat and Jouzel [1979]. The second setup (FEKdiffres) is based on
the study given by Mathieu and Bariac [1996], where αk is calculated as the nth power
of the molecular diffusivity ratio (see Chapter 4.3, Eq. 4.8). As the third setup of the
analysis the FE implementation is used, which has no kinetic fractionation included.
Figure 5.17 shows the anomalies of the simulated annual mean δ18Ows between the
FEKopenwater − FE (Fig. 5.17a) and the FEKdiffres − FE setup (Fig. 5.17b). When using
the FEKopenwater or the FEKdiffres setup instead of the FE one, a relative enrichment
of δ18Ows in the range of 0.5 to 2.8 is detected in the areas where the evaporation
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Figure 5.18.: Same as in Fig. 5.17 but for δ18OP.
is relatively high (Fig. 5.9). Both setups, FEKopenwater and FEKdiffres, simulate the
strongest impact of the kinetic fractionation in the northern high latitudes, Amazon
region, and southern Africa. This enrichment of soil water leads to a relative depletion
of near-surface water vapor, as a result a stronger depletion of δ18OP is simulated for the
setups including kinetic fractionation compared to the FE setup (Fig. 5.18). The anomaly
of FEKdiffres − FE, with a depletion of -0.2 to -0.02(Fig. 5.18b), is stronger than the
difference between FEKopenwater and FE with a depletion in the range of -0.05 to
-0.02.
Furthermore, the simulated δ18OP values as well as the simulated relation of δDP and
the deuterium excess (dex) are compared with the observational data. For these studies
again those 248 GNIP stations described in Chapter 5.2 are used. Figure 5.19a depicts
a comparison of the simulated annual mean δ18OP values with the observations. For
all three model setups, the simulated δ18OP ﬁts well with the observational values, but
all three simulations overestimate the δ18OP for most of these GNIP stations. Moreover,
Fig. 5.19a also shows that the calculated δ18OP is indistinguishable for the setups FE,
FEKopenwater, and FEKdiffres. Figure 5.19b shows the simulated relation of δDP and
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Figure 5.19.: Comparison of the kinetic fractionation factor for temperature below 20◦C: (a) com-
parison of simulated and observed δ18OP, and (b) relationship between Deuterium ex-
cess in precipitation (dexP) and δDP.
dex in precipitation (dexP). It can be seen that the simulated δDP−dexP relation behaves
very similarly for all three setups and shows a similar distribution in comparison to the
GNIP data.
The performed sensitivity tests for the kinetic fractionation factor αk reveal that the
setups FE, FEKdiffres, and FEKopenwater of the ECHAM5-JSBACH-wiso model simu-
late a different isotopic composition of the soil water. The simulations have shown that
the setup FEKdiffres leads to the strongest fractionation in terms of δ18OP as well as in
terms of dexP (not shown). However, the simulations of δ18OP as well as at the simula-
tion of the δDP − dexP relation show no substantial difference between FE, FEKdiffres,
and FEKopenwater.
5.6 conclusion of the model evaluation
The ECHAM5-JSBACH-wiso model is able to simulate the isotopic composition of pre-
cipitation (δ18OP and δDP) in a comparably good manner as the stand-alone ECHAM5-
wiso model. Furthermore it is demonstrated that the relation between simulated tem-
perature and δ18OP and between precipitation and δ18OP, respectively, is simulated in
good agreement with the observations.
An analysis of the impact of the coupling of ECHAM5 and JSBACH reveals that the
simulated land surface temperature and surface albedo are remarkably inﬂuenced by
the coupled setup, which leads to some substantial regional changes of the hydrological
cycle between the model ECHAM5-JSBACH and the stand-alone ECHAM5 model. This
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results in differences of the modeled soil wetness and evapotranspiration ﬂuxes between
the two models.
To investigate the importance of isotope fractionation processes over land surfaces,
three different model setups are used. The studies show that all three setups give rela-
tive similar results. All simulations including fractionation over land result in a slightly
higher depletion of δ18OP of up to -1 for both the FE and FET setup. For the FET setup,
an enrichment of δ18OP in the same order of magnitude can occur for some (sub)tropical
regions. As an unrealistic fractionation of the total transpired water is assumed in the
FET sensitivity studies, these enrichment effects are most likely much smaller (or even
not existing at all) in reality. The inclusion of fractionation processes over land does not
lead to a substantial improvement of the simulated δ18OP in ECHAM5-JSBACH-wiso
(Table 5.2) on a global scale. As in most places δ18OP is in ﬁrst order controlled by at-
mospheric processes, it would be expected that even with a highly realistic land surface
scheme the simulated δ18OP would not substantially improve at such locations.
In contrast to the minor simulated changes of δ18O in precipitation between the differ-
ent model setups, differences of up to 5 for the FE setup (+10 for the FET sensitivity
study) are simulated for the soil water reservoir in ECHAM5-JSBACH. At present, it
is not possible to evaluate these simulated soil water changes by direct observations.
A potential model-data comparison is hampered by the simple soil water scheme of
ECHAM5-JSBACH. It is well known that the isotopic composition of soil moisture can
strongly vary with depth [e. g., Allison and Hughes, 1983; Hsieh et al., 1998; Gazis and
Feng, 2004]. But since in ECHAM5-JSBACH a one layer bucket model is used, it is not
possible to simulate a vertical isotope proﬁle within the soil. Thus, these simulation re-
sults can not be compared with available isotopic vertical proﬁles within the soil, yet.
But such comparison should be possible for a more complex multi-layer soil scheme,
which might be implemented in a future JSBACH model release.
Furthermore, recently started networks for isotopes in the biosphere, like Moisture
Isotopes in Biosphere and Atmosphere (MIBA) or the Biogeosphere-Atmosphere Stable
Isotope Network (BASIN), which monitor the isotopic compositions of soil water, have
been operational for a limited time, so far. The available data does not represent long-
term annual mean values, yet. But such data will hopefully become available during the
next few years and will then allow a much more profound model-data comparison of
the isotopic composition of soil moisture on a global scale.
6
VAR IAB IL I TY OF THE NORTH AFR ICAN HYDROLOGY DUR ING
THE 2 0TH CENTURY
The North-West African hydrology is subject to strong variations. The most recent shift
in the hydrology occurred in the Sahel1. Nearly every year after 1968 the amount of
annual precipitation was below the mean value of the 20th century (Fig. 6.1). Over large
parts of this area the annual mean precipitation decreased by 30–40% relative to the long-
term mean [Nicholson and Webster, 2007]. The reasons for this prolonged drought are
not fully understood, yet. According to current knowledge, changes in the sea surface
temperature (SST) and the resulting feedback mechanisms on the atmospheric circulation
are important reasons [e. g., Ward, 1998; Nicholson and Grist, 2001]. However, changes
of vegetation cover [e. g., Cadet and Nnoli, 1987] or in concentration of aerosols [e. g.,
Andreae, 1995; Ackerley et al., 2011] also play a role in the distribution of rainfall. More
detailed information can be found in Chapter 3.
300
400
500
600
700
P
 [m
m
/y
ea
r]
1910 1920 1930 1940 1950 1960 1970 1980 1990 2000
Figure 6.1.: Observed yearly precipitation from 1901 – 2009 [Harris et al., 2014] averaged over
the area 20◦W–10◦E and 10◦N–20◦N. The time period between the red lines marks the
simulation period and the black line marks the mean annual precipitation over the 20th
century.
In this chapter an ECHAM5-JSBACH-wiso simulation, covering the period of time
1958–2002, is performed and its results are compared with climate re-analysis data
[Dee et al., 2011], observational data [Harris et al., 2014; IAEA/WMO, 2006], and the
compound-speciﬁc hydrogen isotope signal derived from sediment data [Beckmann
1 This chapter is focused on the West Sahel region, therefore in this chapter the wording ’West Sahel’ is
addressed to the area from 20◦W–10◦E and 10◦N–20◦N.
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et al., 2013]. The aim is to answer the following questions: How well does the ECHAM5-
JSBACH-wiso model simulate the present North-West African climatic conditions and
its interannual variability? What do changes in δD in precipitation (δDP) in the Sahel
reveal about changes in amount of Sahelian precipitation? Is it possible, to infer quanti-
tative changes of precipitation from the isotope signal of rain?
6.1 experimental setup
To investigate the hydrological evolution over the last 50 years, an ECHAM5-JSBACH-
wiso simulation, using the setup where no isotopic fractionation during evapotranspira-
tion processes is assumed (Equations 4.9 and 4.11 in Chapter 4.3), has been performed
with the resolution T63L31 (horizontal grid size 1.8◦ × 1.8◦, 31 vertical levels). This ex-
periment covers the simulation period 1956–2002; the ﬁrst two years are used as spin
up.
In order to produce highly realistic results, the ECHAM5-JSBACH-wiso model is
nudged to the European Centre for Medium-Range Weather Forecasts (ECMWF) re-analy-
sis data set ERA40 [Dee et al., 2011; Berrisford et al., 2009]. Every six model-hours the
prognostic variables temperature, surface pressure, divergence, and vorticity are assim-
ilated by linear relaxation (nudging) towards the ERA40 re-analysis data [Krishnamurti
et al., 1991; implementation: Rast, 2013]. Additional boundary conditions are prescribed
annual mean values of present-day greenhouse gases [IPCC, 2000] as well as recon-
structed annual land use vegetation maps [Pongratz et al., 2007; description of recon-
struction: Pongratz et al., 2008].
The lower isotopic oceanic boundary condition for the atmospheric 18O is the same as
described in Chapter 5.1. It is based on a data set described by LeGrande and Schmidt
[2006]. The oceanic boundary condition for HDO is derived from the 18O isotopic com-
position via the relation: δD = 8 · δ18O [Craig and Gordon, 1965].
6.2 observational and proxy data
The ECMWF re-analysis data set ERA40 [Dee et al., 2011] is used to evaluate the simulated
climatology of North-West Africa. It consists of globally gridded climate variables, like
temperature, precipitation, surface pressure, wind, or humidity, which are reconstructed
from a large set of data, taking into account both, satellite data and instrumental mea-
surements. The ERA40 data set covers the period from mid-1957 to mid-2002 with a
spatial resolution of about 1◦×1◦ (100×100 km).
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In order to judge the evolution of the simulated amount of North-West African precip-
itation, the 0.5◦×0.5◦ gridded Climatic Research Unit (CRU) TS3.10.01 data set of precipi-
tation is utilized [Harris et al., 2014]. This CRU data set is based on monthly observations
at meteorological stations distributed globally on land areas and covering the period
from 1901 to 2009. Additionally, the simulated variability of δDP is compared to the
observational data provided by the Global Network of Isotopes in Precipitation (GNIP)
[IAEA/WMO, 2006]. For this comparison the three Sahelian GNIP stations Bamako, Ni-
amey, and N’Djamena are chosen.
As additional proxy data for the model-data comparison, the compound-speciﬁc hy-
drogen isotope values of land plant waxes derived from long-chain n-C31 alkanes are
used (see also Chapter 2.4). This signal was measured in sediment multicore GeoB9501-4,
which was retrieved at 16◦50.38’N and 16◦43.96’W in 330 m water depth [Mulitza et al.,
2008], approximately 50 km north of the Senegal River mouth [Beckmann et al., 2013].
Beckmann et al. estimated the catchment area for the core data as the region 12◦N–30◦N
and westward of 8◦W.
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Figure 6.2.: Simulated mean surface temperature over the period 1958–2002 for (a) DJF and (b)
JJAS (background map). The arrows depict the winds at 850hPa with respect to the season.
As mentioned in Chapter 3, the North African climate is highly dependent on the sur-
face temperature pattern, which inﬂuences the atmospheric circulation and its season-
ality. Figure 6.2 shows the simulated SST and the near surface winds for (a) December–
February (DJF) and (b) June–September (JJAS). During boreal winter the North African
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temperature increases from north to south with its maximum between 8◦N and 15◦N
(Fig. 6.2a). While the North African coast is controlled by Mediterranean winds, the Sa-
hara and Sahel region are governed by dry easterly winds. For the rainy season JJAS, the
simulated temperatures illustrate a positive gradient from the Atlantic ocean to the Sa-
haran desert (Fig. 6.2b). The West African monsoon ﬂow, triggered by this temperature
gradient, and the dry northeasterly Harmattan can also be identiﬁed in Fig. 6.2b.
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Figure 6.3.: Upper panels: monthly mean precipitation of the season DJF, for (a) ERA40 data
and (b) ECHAM5-JSBACH-wiso simulation. Lower panels: same as upper panels, but for
the season JJAS.
The simulated precipitation as well as the precipitation from the ERA40 data set, for
boreal winter and summer, are presented in Fig. 6.3. While, during boreal winter, the
North African coast is inﬂuenced by Mediterranean winds which bring some precipita-
tion, the South Sahara and the Sahel are governed by dry easterly winds. In contrast to
the ERA40 data the ECHAM5-JSBACH-wiso model tends to simulate too humid condi-
tions over the western part of the Sahara and Sahel. Furthermore, the simulated African
winter rain belt is approx. 5◦ further south than the observed one. During JJAS, the by
ECHAM5-JSBACH-wiso simulated climate over the western part of South Sahara and
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Sahel is wetter as compared to the ERA40 data set. However, the simulated African
summer rain belt is too narrow and too weak compared to the observed one.
One possible reason for the poor simulation of the African rain belt could be the
internal description of cumulus clouds in the model, which are a main contributor to the
precipitation during JJAS [Dallmeyer, 2008]. Dallmeyer has proposed that in simulations
performed with a vertical resolution of 31 level, compared to coarser vertical resolutions,
the melt layer at approx. 600 hPa is relative well represented, which results in a high
stability of this level. Thus, the cumulonimbus clouds can not penetrate easily into the
upper troposphere. As a consequence the cloud cover at the mid troposphere increases,
which yields in a cooling due to the increased water vapor. A further effect is that the
cloud cover in the upper troposphere is reduced, which causes a decreased absorption
of solar radiation. This in turn results in an additional cooling of the air [Roeckner et al.,
2006]. Due to these cooling effects, the air has a smaller water saturation coefﬁcient,
which induces less water vapor transport and precipitation [Dallmeyer, 2008]. While
over oceans the simulated precipitation becomes more realistic by increasing the vertical
resolution [Hagemann et al., 2006], the simulated precipitation for the Sahel zone is too
low as compared to observations [Dallmeyer, 2008].
Figure 6.4 shows the mean δDP over (a) DJF, (b) the rainy season JJAS and (c) the year
averaged over the period 1958–2002. Both seasonal δDP pattern (Fig. 6.4a and b) illus-
trate the negative correlation between δDP and amount of precipitation (which is also
seen in Fig. 5.15 for DJF in Alexandria and for JJAS in Bamako). During boreal winter a
relatively depleted δD signal, most likely caused by heavy Mediterranean rainfalls, can
be detected at the North African coast and northern Sahara (Fig. 6.4a). Contrastingly,
the δD signal of the rainy season in the Sahel (Fig. 6.4b) is dominated by the inﬂu-
ence of the North-West African summer monsoon. Here, the relation between amount
of precipitation and δDP is most likely governing the δD signal (Fig. 6.4b), which is a
common feature in the monsoon areas over the world [Rozanski et al., 1993]. However,
during JJAS the simulated δDP increases along the monsoon ﬂow (Fig. 6.4b), which is
inverse to the continental effect as observed e. g., in Europe [Cuntz et al., 2002]. Further-
more, the weighted long term means of GNIP stations also show a similar gradient, with
-31 at Bamako, -27 at Niamey, and -21 at N’Djamena. One possible reason for this
gradient could be an increased evaporation during rainfall [Gasse, 2002]. Another expla-
nation could be the enriched recycled moisture from the African rainforest [Gasse, 2002],
which is an important water source for the summer monsoon [Cadet and Nnoli, 1987].
The described seasonal effects can also be detected in the annual mean values (Fig. 6.4c).
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Figure 6.4.: Mean δDP over the seasons (a) DJF, (b) JJAS, and (c) annual of North Africa, av-
eraged over 1958–2002. The hatched areas mark regions where the mean precipitation
during the time is less then 1 mm/month.
6.4 interannual variability in precipitation
6.4.1 Comparison between observed and simulated precipitation and its isotopic composition
The chronology of monthly precipitation and δDP at the Sahelian GNIP stations Bamako,
Niamey, and N’Djamena are compared with the simulated ones in Fig. 6.5. The simu-
lated precipitation (lower panels of Fig. 6.5) has the correct seasonal timing for all three
stations, but the amount of precipitation during the wet seasons tends to be underesti-
mated by the model. This agrees with the ﬁndings by Dallmeyer [2008], who has shown
that ECHAM5 (resolution T63L31) simulates only 70% of the precipitation, averaged
over the area 30◦W–40◦E, 0◦N–32◦N, observed by the Global Precipitation Climatology
Project (GPCP). Nevertheless, the simulated δDP (upper panels of Fig. 6.5) show a good
agreement in amplitude and interannual variability with the observed GNIP values.
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Figure 6.5.: Precipitation amount P (colored areas) and isotopic composition of precipitation
δDP (lines) for the locations (a) Bamako, (b) Niamey, and (c) N’Djamena. Red values
represent the observational GNIP values and green values the simulation results.
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6.4.2 Simulated dry and wet year pattern
In the literature, two common different rainfall anomaly patterns are described [e. g.,
Ward, 1998; Nicholson and Grist, 2001; Nicholson and Webster, 2007; see review in Chap-
ter 3.3.1]:
1. a dipole pattern with the pivot at approx. 10◦N, which results in abnormally wet
(dry) conditions in the Sahel region and dry (wet) conditions at the Guinean Coast
(called dipole wet (dry) Sahel mode);
2. a non-dipole pattern with abnormally wet (dry) conditions over the West Sahel
and the Guinean Coast region (called non-dipole wet (dry) mode).
In this part of the study, it is tested whether the model is able to simulate these patterns
and which inﬂuence the patterns have on the δDP signal. Therefore, the simulated JJAS
rainfall anomalies are classiﬁed into the anomaly patterns (see Appendix B), and for
each conﬁguration the year with the most pronounced anomaly pattern is chosen for
this analysis.
Figure 6.6 shows the JJAS rainfall anomalies of 1961 (dipole wet Sahel mode), 1988
(dipole dry Sahel mode), 1984 (non-dipole wet mode), and 1998 (non-dipole dry mode)
with respect to the whole simulation period. Due to the underrepresentation of Sahelian
precipitation by the model (see Chapter 6.3), the simulated rain belt during wet years
tends to start slightly more south as the observed one [compared to: Nicholson and
Webster, 2007]. Furthermore, Fig. 6.6 illustrates, that the differences of the simulated
annual amount of precipitation in the region of approx. 8◦N – 22◦N are governed by the
rainfall in JJAS.
The simulated anomalies in δDP with respect to mean δDP within 1958–2002 are dis-
played in Fig. 6.7, (left) as mean over JJAS and (right) as the annual mean. Most notably,
Fig. 6.7e – 6.7h, representing the years with non-dipole rainfall anomaly pattern, clearly
illustrate the negative relation between δDP and amount of precipitation, while Fig. 6.7a
– 6.7d, representing the years with dipole rainfall anomaly pattern, depict positive and
negative anomalies in δDP. This is most likely caused by the history of the precipitated
water. Cadet and Nnoli [1987] have demonstrated that the Gulf of Guinea is one source
of moisture feeding the North-West African summer monsoon. Furthermore, they have
pointed out the importance of evapotranspiration over the Guinean coast region, where
the water vapor is recycled before it gets transported further north. Due to this dynamics
in years with a more dipole wet Sahel conﬁguration the relative enriched water vapor
which would, under ’normal conditions’ rain out over Guinea could travel further north
and possibly causes local positive anomalies in δDP. In contrast, dipole years with a
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Figure 6.6.: North African spatial distribution of the precipitation anomalies for the years 1961
(dipole wet Sahel mode), 1988 (dipole dry Sahel mode), 1984 (non-dipole wet mode), 1998
(non-dipole dry mode) with respect to the mean precipitation over the period 1958–2002.
The anomaly over the rainy season (left) and the annual anomaly (right).
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Figure 6.7.: Same as Fig 6.6 but for δDP. The hatched areas in the ﬁgures mark those grid boxes
where the simulated precipitation is less then 1 mm/month.
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more dry Sahel mode providing stronger precipitation at the Guinean coast, which most
likely results in a relative depletion of the moisture traveling northwards. Years with a
non-dipole mode, however, provide more or less precipitation over the whole monsoon
region. Consequently the anomalies in δDP show a more uniform pattern over whole
North-West Africa.
6.5 analysis of the simulated time series
6.5.1 Evolution of the Sahel precipitation
Figure 6.8 shows the comparison of the simulated and reconstructed annual precipita-
tion in the West Sahel over the simulated period as absolute values and as a calculated
rainfall index2. Similar to the underestimation of precipitation amount at Bamako, Ni-
amey, and N’Djamena (Chapter 6.4), the model underestimates as well the Sahelian
amount of precipitation. Moreover, while the CRU observational data set depicts the Sa-
hel drought, with relatively more precipitation during the early 60’s and drier conditions
during the 70’s and 80’s, the simulated data does not indicate a longer drought period
at all.
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Figure 6.8.: Comparison of the simulated and observed [Harris et al., 2014] annual precipitation
in the West Sahel from 1958–2002 as rainfall index (upper panel) and amount in per year
(lower panel).
2 The rainfall index (RI) is calculated as deviation of the mean annual precipitation (P¯, calculated
over the time 1958–2002), normalized by the standard deviation: RIi =
Pi−P¯√
1
44
∑45
j=1(Pj−P¯)
2
, with i ∈
{1958, 1959, ..., 2002}.
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Figure 6.9.: Hovmoeller type diagram of simulated precipitation over the period 1958–2002 of
zonal mean (averaged over land-area from 20◦W–10◦E) annual precipitation of North
Africa.
In order to exclude the possibility that the Sahel drought is simulated with a spatial
shift, the annual amount of precipitation is analyzed as a Hovmoeller type diagram, zon-
ally averaged over 20◦W–10◦E, over the simulation period (Fig. 6.9). No drought period,
but only a very slight southwards expansion of the drier conditions can be detected be-
tween 15◦N and 20◦N. This result is reﬂected by corresponding evolution of the isotopic
composition of precipitation (Fig. 6.10). The simulated δDP data show relative depleted
values around 1960 implying wetter conditions, but again no sign for the Sahel drought
is found in the simulated precipitation weighted δDP.
The ECHAM-JSBACH-wiso experiment has been nudged to the re-analysis ERA40
data set, and as further boundary conditions annual mean values of present-day green-
house gases as well as reconstructed annual land use vegetation maps have been used.
Thus, it is unexpected, that the simulation results are inconsistent in such a degree with
the observational data. A possible reason for this deﬁcit of the model simulation could be
the forcing data for the nudged experiment. Di Giuseppe et al. [2013] have shown, that
the ERA-I climate is unrealistically wet at the Sahel in the 70’s–80’s, while at later periods
it predicts more realistic values. Another explanation for this mismatch between obser-
vational and simulated data might be the absence of incorporated aerosols or dust in the
ECHAM5-JSBACH-wiso model. The feedback mechanisms between Sahelian precipita-
tion and atmospheric aerosols are not fully understood yet, but studies [e. g., Nicholson,
2000; Haywood et al., 2013] have proposed that including dust mobilization is needed
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Figure 6.10.: Same as 6.9, but for precipitation weighted δDP.
to simulate a realistic climate over the Sahel. Finally, the underestimation of convective
precipitation [Hagemann et al., 2006; Dallmeyer, 2008, discussed in Chapter 6.3] may
also be a reason for the absence of the particularly wet years during the 60’s. It remains
a question, if the model results may improve by incorporating one or all aspects into the
simulation setup.
6.5.2 Comparison between the model simulation and proxy data
In order to further evaluate the simulated time series, the δDP is compared to the
compound-speciﬁc hydrogen isotope values of land plant waxes derived from long-
chain n-alkanes of sediment core GeoB9501 [Beckmann et al., 2013]. The core’s catchment
area is situated between 18◦W–8◦W and 12◦N–30◦N. As illustrated in Fig. 6.11, both the
calculated index of precipitation amount and the isotopic composition of precipitation
in the core catchment area are linearly related to the corresponding values in the West
Sahel. The annual amount of rainfall in these two areas is correlated after Pearson with
the coefﬁcient r = 0.89 for the observational data and r = 0.69 for the simulation. For
the simulated δDP the correlation coefﬁcient is r = 0.84.
The comparison of the simulated δDP, from 1958–2002, and the measured δD signal
[Beckmann et al., 2013] is shown in Fig. 6.12. Since the δD signal in the n-C31 alkane is
measured approximately every 5 years, for the model-data comparison a 5-year running
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Figure 6.11.: Comparison of the calculated indices for amount of precipitation (left) and its
isotopic composition (right) for the West Sahel and the catchment area.
mean is calculated for the model simulation and shown for all years in which measure-
ments are available (Fig. 6.12, red).
Comparing the simulated δDP and the measured δD of the n-C31 alkane, one can see
that the variations in δD of the proxy are with approx. 10 (Fig. 6.12b) twice as high
as for the calculated 5-years running mean of the simulation with 5 (Fig. 6.12a). The
calculated index3 of the δD variations from GeoB9501 (Fig. 6.12c, green) depicts more
enriched isotope values compared to the average for nearly all measurements between
1970 and 1994. This is most likely a result of the negative relation between precipitation
amount and δDP and might indicate the dry conditions during the Sahel drought. The
simulated index of δDP (Fig. 6.12a, red) matches surprisingly well with the index of
the proxy data. Between 1958 and 1980 both signals are nearly identical. Strikingly is
the negative index value simulated in 1985, which highly overestimates the depletion of
δD compared to the proxy data. In the 1990s the simulated index, calculated from the
5-year running mean of δDP, reveals only slight variations, while the index of the proxy
data shows high variations. This could be caused by the decreased integration time of
the proxy signal during the 1990s. The inﬂuence of integration time on the results can
also be seen for the simulation, if the simulated 5-year running mean (red) is compared
to the annual values (gray) in Fig. 6.12c.
3 The index is calculated in an identical manner as the rainfall index described on page 71.
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Figure 6.12.: (a) Simulated δDP as 5 year running mean (red) and yearly data (gray). (b) Mea-
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6.6 quantification of the relation between rainfall amount and deu-
terium
For the area of interest, two main different rainfall anomaly patterns, a dipole and a
non-dipole pattern, have been described. In Chapter 6.4.2 it is shown that these patterns
have a strong inﬂuence on the distribution of δDP over North-West Africa. However,
the question arises how these patterns affect the interpretation of the δD signal in proxy
data. The relation between the simulated precipitation and its isotopic composition is
illustrated in Fig. 6.13. The simulated δDP in the West Sahel is, with a Pearson corre-
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lation coefﬁcient of r = −0.71 (calculated over the whole simulation period), linearly
dependent on the amount of the Sahel precipitation.
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Figure 6.13.: Simulated relation between P and δDP for the West Sahel (red) and the catchment
area from GeoB9501 (green): (a) for all simulation years, (b) for years with a dipole
rainfall anomaly pattern, and (c) for years with a non-dipole rainfall anomaly pattern.
By distinguishing between the anomaly patterns, it is found that in the more dipole
like years the linear relation between precipitation amount in the Sahel and its δDP
is weaker (r = −0.56) than in the non-dipole years (r = −0.84). Thus, years with a
more non-dipole like pattern anomaly tend to have stronger variations in the isotopic
composition in the West Sahel (see Appendix B, Tab. B.1). For the core catchment area the
correlation between P and δDP calculated over the whole simulation period is weaker
than in the West Sahel (r = −0.49). Furthermore, while the correlation for all years and
non-dipole years (r = −0.47) have a similar magnitude of strength, the correlation for
years with a dipole anomaly is stronger (r = −0.70).
Based on the calculated linear relations between the simulated precipitation amount P
and δDP (see Fig. 6.13), the amount of precipitation can be estimated from the simulated
δDP by a linear regression. For the West Sahel the coefﬁcient of determination (R2)4 is
R2 = 0.51. Thus, 51% of the variation of precipitation amount can be explained by the
linear regression P(δDP) (Fig. 6.14a). The calculated R2 is independent of the rainfall
anomaly pattern. In contrast, for the catchment area only 24% of the variation of the
simulated amount of precipitation can be explained by the linear regression P(δDP)
(Fig. 6.14b). A possible reason of this weak relation in the catchment area may be that
summer precipitation is highly underestimated by the model, hence the rainfall amount
is most likely too less for a quantitative calibration of P(δDP).
4 The statistical value R2 describes the quality of the linear regression. It explains, which percentage of the
variation in a variable can be explained by the linear regression.
6.7 summary and inferences 77
0
100
200
300
400
500
600
700
800
P
(δ
D
P
) [
m
m
]
0 100 200 300 400 500 600 700 800
P [mm]
(a)
0
100
200
300
400
500
P
(δ
D
P
) [
m
m
]
0 100 200 300 400 500
P [mm]
(b)
all years dipole years non−dipole years
Figure 6.14.: Comparison of the simulated precipitation (P) and the calculated one (P(δDP)) for
(a) the West Sahel and (b) the catchment area from GeoB9508.
In order to quantify the changes in rainfall amount with respect to the proxy sig-
nal, the precipitation anomaly is estimated using the linear regression for the measured
anomaly in δD of n-C31 alkane retrieved from GeoB9501. Since the linear relation calcu-
lated for the catchment area is very weak, the transfer function calculated for the West
Sahel over all years is used for this estimation:
P(δD) =
δD
−0.4847
(6.1)
The resulting estimated precipitation anomalies compared to the observed rainfall
anomalies are illustrated in Fig. 6.15. Albeit the variations of the estimated P(δD) are
stronger than in the observed values, the trend is in a good agreement with the observed
one. The overestimation of the amplitude in the estimated P(δD) are most likely linked
to the fact that the transfer function is calculated for the West Sahel where more pre-
cipitation occurs than in the core catchment area. Otherwise, the error caused by using
the West Sahel linear regression may be negligible compared to the error caused by the
linear regression method itself.
6.7 summary and inferences
In this chapter it is shown that the model simulates the characteristics of the North
African climate compared to observed data, with respect to temperature, precipitation
as well as its δDP values, and wind ﬁelds, fairly well. Most important is the under-
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Figure 6.15.: Observed rainfall anomaly of the 20th century as 5-years running mean (blue) and
as yearly values (gray). The estimated anomaly in P(δD) of the measured anomaly of δD
in n-C31 alkanes (green)
estimation of the monsoon rainfall from the ECHAM5-JSBACH-wiso model, which
agrees with the ﬁndings of Dallmeyer [2008]. The simulated isotopic composition of
the North African precipitation is linearly dependent on the amount of precipitation.
Under present-day conditions the δDP in the West Sahel is dominated by the signal of
the JJAS season. The simulated δDP as well as its interannual variability are in good
agreement with observed values from the three GNIP stations.
As illustrated in Chapter 6.5.1, even with the ERA40 nudged model experiment and
prescribed changes in vegetation cover, it has been impossible to simulate the Sahel
drought with the ECHAM5-JSBACH-wiso model. The mismatch might be explained by
the ﬁndings of Di Giuseppe et al. [2013] showing that the ERA-I climate predicts too
wet conditions at the Sahel between the 1970s and 1980s. It remains open if the simu-
lation were more realistic if nudged with a corrected re-analysis data set, as proposed
by Di Giuseppe et al. [2013]. Another possible reason for the absence of the shift of
the amount of rainfall could be the underestimation of convective precipitation [Hage-
mann et al., 2006; Dallmeyer, 2008]. Furthermore, the feedback mechanisms between
atmospheric dust or aerosols and the atmosphere, which are yet not fully understood,
are not taken into account within the model. Yet, studies like Nicholson [2000] or Hay-
wood et al. [2013] have shown that dust and aerosols have a considerable impact on the
North-West African monsoon system.
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Finally, the simulated relation between the annual amount of precipitation and the
corresponding δDP values has been quantiﬁed for present-day conditions. Based on the
linear dependency of P and δDP in the West Sahel, it is calculated that an increase of δDP
of 5 is related to a decrease in precipitation of approx. 100 mm. Most likely caused by
the underestimation of amount of precipitation by the ECHAM5-JSBACH-wiso model
simulation, it was not possible to calculate such a quantiﬁcation for the catchment area of
the sediment core GeoB9501. The computed quality of the linear regression for the catch-
ment area of R2 = 0.24 is less than half as the value of West Sahel (R2 = 0.51). However,
using the P − δDP relationship calculated for the West Sahel to estimate the variations
in rainfall amount indicated by the δD in n-C31 alkanes measured in GeoB9501, results
in a precipitation time series which is in a fairly well agreement with the observations.
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7
THE AFR ICAN HYDROLOGICAL CYCLE DUR ING THE
HOLOCENE
The determining factors for changes in the amplitude of the seasonality of solar radiation
are variations of the orbital parameters [Berger, 1978]. Changes in precession, which
describe the orientation of the Earth’s rotational axis, induce variations of incoming
solar radiation. Owing to the diversity in precession, the seasonal cycle during the early-
and mid-Holocene was ampliﬁed, with stronger summer and weaker winter insolation
in the northern hemisphere [Ruddiman, 2008; Chapter 3.3.2]. Due to these changes in
boreal summer insolation, the North-West African monsoon system was much stronger
than today. Therefore the North African climate was more humid and the area was
more vegetated. Evidence for these conditions is given for instance by analysis of marine
sediments [e. g., deMenocal et al., 2000; Dupont, 2011], lake sediments [e. g., Kröpelin
et al., 2008], or rock engravings [e. g., McIntosh and McIntosh, 1983]. Model studies
discuss various feedback mechanisms, for example between the atmosphere and the
sea surface temperature (SST) [e. g., Kutzbach and Liu, 1997] or interactions between
atmosphere and land surface [e. g., Claussen and Gayler, 1997; Kutzbach et al., 1996].
Others, as e. g., Krinner et al. [2012], have shown that higher lake levels and increased
area of wetlands lead to enhanced evapotranspiration, or have discussed that an increase
in surface albedo leads to a decrease in precipitation [e. g., Vamborg et al., 2011].
It is still a dispute whether the transition from the more humid, vegetated conditions
in North-West Africa during mid-Holocene towards the dry present-day (PD) conditions
were gradual or abrupt. DeMenocal et al. [2000] for instance have examined an abrupt
increase of terrigenous material in a marine sediment core located on the north-west
coast of Africa, which has been interpreted as an abrupt end of the African Humid Pe-
riod, while pollen reconstructions from lake Yoa published by Kröpelin et al. [2008] have
suggested a more gradual change in vegetation cover. Both theories have been backed
up by model studies. While e. g., Claussen et al. [1999] or Liu et al. [2007] were sup-
porting the theory of an abrupt change in environment, other studies, e. g., Braconnot
et al. [2007a]; [2007b] were corroborating the assumption that the transition to the arid
conditions was more gradual.
This chapter focuses on this question, whether the transition from the humid mid-
Holocene conditions into the dry conditions today in North-West Africa has been more
gradual or more abrupt. For this purpose, model simulations and proxy data are used.
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In order to analyze the long-term evolution from mid-Holocene to PD, a transient model
experiment, performed with the fully coupled Earth system model COSMOS, is used.
Based on this transient experiment, time-slice experiments have been carried out with
the coupled atmosphere-land surface model ECHAM5-JSBACH-wiso, which allows the
explicit simulation of the stable water isotopes H162 O, H
18
2 O, and HDO. This isotope
model offers the possibility to directly compare the simulated δD signal with the mea-
sured one from proxy data. Here, the recently reconstructed deuterium signal of pre-
cipitation (δDP) of sediment core GeoB7920 [B. Beckmann, personal communication],
located in the coastal area of North-West Africa, is used for comparison with the simu-
lated δDP values.
7.1 experimental setup of the holocene simulations
7.1.1 Transient experiment
The evolution of precipitation in northern Africa is analyzed in a 6,000 year transient
model simulation (called T6000) performed by Fischer and Jungclaus [2011] over the
period from 6,000 before present (BP) to present. This experiment was set up with the
fully coupled Earth system model COSMOS (ECHAM5-MPI-OM-JSBACH, see Chap-
ter 4.1). The atmosphere-land surface component was executed with a resolution of
approx. 3.75◦ and 19 vertical levels (T31L19) and the ocean component was executed
with a resolution of approx. 3◦ and 40 vertical levels (GR30). Fischer and Jungclaus
[2011] have applied a yearly orbital forcing described by Bretagnon and Francou [1988].
The greenhouse gas concentration was set to pre-industrial conditions (CO2=280ppm,
CH4=700ppb, N2O=265ppb). A more detailed description is given by Fischer and Jung-
claus [2011].
7.1.2 Time-slice simulations
In addition to the analysis of the transient experiment, four time-slice experiments are
performed: for pre-industrial conditions (PI, the experiment is called H0k), for 2,000
years BP (called H2k), for 4,000 years BP (called H4k), and for 6,000 years BP (called
H6k). All four experiments are done with the ECHAM5-JSBACH-wiso model with the
model resolution T63L31, using the noF setup, which means no fractionation processes
during evapotranspiration are included (described in detail in Chapter 4.3). An integra-
tion time of 30 years after a spin-up of 2 years is analyzed. The orbital parameters for
each time-slice experiment are calculated with a method developed by Berger [1978]. For
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the lower boundary conditions of the stable water isotopes the same present-day data
set as described in Chapter 5.1 is used. The vegetation cover, SST, and sea ice cover (SIC)
is based on the output data of the transient model experiment T6000. Therefore a 30
years climatology from the T6000 experiment for the four time-slices is calculated. The
output ﬁelds are interpolated from the horizontal resolution T31 to T63.
7.2 evolution of the north-west african hydrology
7.2.1 Results of the transient Holocene experiment
Fischer and Jungclaus [2011] discussed the response of the global temperature ﬁeld with
respect to the change of orbital parameters. They have found that in high latitudes the
sea-ice insolation effect outweighs the insolation effect, while the seasonal insolation dis-
tribution deﬁnes the amplitude of the seasonal cycle in the low and mid latitudes. One
of the strongest decreases of the amplitude of the seasonal temperature cycle, according
to the decrease of the amplitude of the seasonal insolation cycle, has been detected over
North Africa, via the northern part of the Arabian Peninsula, to central Asia.
In this study the focus is on the evolution of the hydrology of North Africa. In this
context, Fischer and Jungclaus [2011] have shown that the insolation changes were ac-
companied by a southward migration of the Intertropical Convergence Zone (ITCZ). Fur-
thermore, they have demonstrated that these changes conduct a decrease of cloud cover
and the weakening of the North-West African summer monsoon from mid-Holocene to
PD.
Figure 7.1 displays the zonally averaged (20◦W to 55◦E) 30 years running mean for
the annual mean precipitation of North Africa in a Hovmoeller-type diagram. It shows
a decrease of the simulated precipitation from approx. 5,500 BP to 1,500 BP in the area
from approx. 5◦N to 30◦N. Furthermore, Fig. 7.1 indicates an expansion of the dry areas
with annual mean precipitation of less than 2mm/month. The modeled zonal transition
from the humid conditions during the mid-Holocene to the drier present-day conditions
of North Africa is rather gradual.
Due to the simulated evolution of precipitation the corresponding vegetation cover
is reduced as well (Fig. 7.2). The simulated changes of desert fraction between 10◦N
and 30◦N are caused by a transition from cover fraction dominated by shrubs, via cover
fraction dominated by grasses, into bare soil. The change to more desert fraction is
mainly gradual and the gradients of reduction over the time are nearly equal, with two
exceptions: Firstly, a relatively fast transition from 0.8 to 0.9 or more fraction of desert
between 23◦N to 30◦N is taking place from 5,200 BP to 3,000 BP. Since this transition
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Figure 7.1.: Hovmoeller type diagram of running mean (30 years) of zonal annual mean precipi-
tation of North Africa (20◦W to 55◦E) of the transient T6000 experiment.
Figure 7.2.: Hovmoeller type diagram of zonal mean desert fraction of North Africa (20◦W to
55◦E) of the transient T6000 experiment.
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is caused by reduction of mainly grass and partly shrubs (not shown), the variations of
the amplitude during the transition are also relatively high. Secondly, in the area 10◦N
to 13◦N occurs also a shift in vegetation cover from 3,000 BP to 2,000 BP, which has a
relative stronger gradient compared to the other transitions. Here the fraction of desert
changed from 10% or less to 20%.
In order to analyze the desertiﬁcation of North Africa in more detail Fig. 7.3 shows
the anomaly of the two time-slices H6k-H0k for shrubs (7.3a) and desert (7.3b). A strong
decrease, with a reduction of up to 60%, of the shrubs cover fraction is simulated over
the whole Sahel and the Arabian Peninsula. The simulated desertiﬁcation has a similar
pattern, with an averaged increase of the desert fraction of 40% in the area between
approx. 14◦N to 25◦N. In order to show the regional temporal transitions, three test
sites were selected:
• Area 1, which presents an arid region of North-West Sahel and South-West Sa-
hara (18◦W to 0◦E and 15◦N to 31◦N), was chosen because it is the region of the
catchment area of sediment core GeoB7920.
• Area 2 (25◦E to 35◦E and 15◦N to 25◦N), represents an area with a relative high
fraction of desertiﬁcation, with approx. 50% change, from 6,000 BP to PD in the
East Sahel region.
• Area 3 (5◦W to 10◦E and 10◦N to 18◦N) is chosen because it represents a region of
the South-West Sahel where the decrease of the shrubs fraction between 6,000 BP
and PD is relative high (approx. 50–60%).
For all three simulation areas, the evolution of desert fraction and vegetation cover
reveals a rather gradual transition (Fig. 7.3c).
7.2.2 Results of the time-slice experiments
The analysis of the time-slice experiments focuses on the North-West African rain period,
which is from June to September (JJAS) and provides most of the annual precipitation
(see also Chapter 3). Figure 7.4a-7.4c show the simulated PI mean for (a) temperature
and wind on the 850hPa level, (b) precipitation, and (c) the δD in precipitation (δDP). A
positive temperature gradient from the Atlantic ocean to the east of the Saharan desert is
depicted in Fig. 7.4a. The North-West African monsoon wind is caused by this tempera-
ture difference and follows the strongest gradient. In contrast, north of 15◦N, the strong
Harmattan wind is dominating. The simulated rain belt (cf. Chapter 3.1), sustained by
the moist monsoon wind is shown in Fig. 7.4b. It is located between approx. 10◦S and
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Figure 7.3.: Simulated anomaly H6k-H0k of (a) shrubs and (b) desert. (c) shows the simulated
evolution of the 30 year running mean of precipitation, forest, shrubs, grass, and desert
over the area 1 between 18◦W–0◦E and 15◦N–31◦N (green), area 2 between 25◦E–35◦E
and 15◦N–25◦N (blue), and area 3 between 5◦W–15◦W and 10◦N–18◦N (red). The boxes
in Figure (a) and (b) mark area 1, area 2, and area 3.
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Figure 7.4.: Simulated pre-industrial mean over the JJAS season of (a) temperature and wind on
850hPa, (b) precipitation, and (c) δDP. The hatched area marks regions where the mean
precipitation of JJAS is less then 1mm/month.
15◦N with its maximum at approx. 7◦N which is 3◦ more south than observed for PD
[Sultan and Janicot, 2003]. The simulated composition of deuterium in precipitation δDP
is shown in Fig. 7.4c. While the North-West African precipitation is relatively depleted
in deuterium in precipitation, the East African precipitation is more enriched. This is in
accordance with the results of Chapter 6.3, as well as Chapter 5.4.2 and Chapter 5.5.2.
The simulated annual mean δDP (not shown) has the same pattern, which agrees with
the ﬁndings of Rozanski et al. [1993].
The anomalies of H2k, H4k, and H6k with respect to H0k are shown for temperature
and wind (850hPa level) in Fig. 7.5. The temperature anomaly of H6k−H0k (Fig. 7.5c)
shows an increase as well as a northwards shift of the temperature gradient at 6ka BP
with respect to pre-industrial conditions. Thus the monsoon is strengthened and shifts
northwards, while the Harmattan weakens. The cooling between approx. 0◦N and 20◦N
can be linked to the increased cloud cover at the H6k experiment compared to the
H0k one [see also Fischer and Jungclaus, 2011]. Due to the decrease of boreal summer
insolation the simulated temperature as well as the near surface wind anomaly are
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Figure 7.5.: Simulated anomalies of the surface temperature (color-map) and of the winds on the
850hPa level (arrows) over the rainy season (JJAS) for the H2k, H4k, and H6k simulation
with respect to the pre-industrial simulation Hk0.
weaker for H4k−H0k as for H6k−H0k (Fig. 7.5b). The anomaly of H2k with respect to
H0k shows only a slight warming due to the slightly higher boreal summer insolation.
Furthermore, in contrast to the H4k and H6k experiment the simulated cloud cover is
nearly the same as in the H0k simulation (not shown).
Figure 7.6 shows the simulated mean zonal wind for JJAS for 10◦W-10◦E at PI (a),
2ka BP (b), 4ka BP (c), and 6ka BP (d). At 6ka BP (Fig. 7.6d) the simulation shows a
northwards shift of the African Easterly Jet (AEJ), Intertropical Discontinuity (ITD), and
the ITCZ compared to PI. Moreover, while the monsoon as well as the Tropical Easterly
Jet (TEJ) are stronger at 6ka BP compared to PI, the Harmattan and the AEJ are weaker.
Taken as a whole, the simulation H6k show all characteristics of the PD conﬁguration
for wet years (compare with Chapter 3.3). The simulation of 4ka BP (Fig. 7.6c) reveals
a similar pattern as the 6ka BP simulation, but with a weaker anomaly as compared
to pre-industrial climate. For the H2k experiment the simulated anomaly of the wind
system is reduced as well, therefore the experiment has a very similar wind pattern as
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Figure 7.6.: Simulated zonal-seasonal (10◦W-10◦E, JJAS) wind [m/s] over pressure [hPa] for pre-
industrial conditions (a), 2ka BP (b), 4ka BP (c), and 6ka BP (d). The absolute wind speed
is pictured in colors and the anomalies of the Holocene simulations with respect to the
pre-industrial simulation as contours.
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simulated for PI. There are only slight decreases of the AEJ and TEJ, as well as a slight
increase of the monsoon ﬂow at H2k as compared to the H0k simulation.
The effects of the evolution of the wind system over the Holocene on the North African
rain belt are shown as anomaly plots in Fig. 7.7. As expected, the simulated rain belt is
wider and more intense at H4k (Fig. 7.7c) and H6k (Fig. 7.7f) compared to PI climate.
This is in a good agreement with previous studies, which have found indicators for
higher lake level or the presence of lakes during the early and mid-Holocene [e. g., Gasse,
1987; Schuster et al., 2005; Sereno et al., 2008]. For the H2k simulation (Fig. 7.7a) only
inside the core region of the North African rain belt, near Guinea, more precipitation
than for H0k is simulated.
The intensiﬁed amount of precipitation causes a depletion of δDP, over the complete
North African area, in the H6k simulation as compared to H0k (Fig. 7.7e). This depletion
of δDP in mid-Holocene becomes stronger from west to east, which weakens the positive
west-east gradient as shown for PI (Fig. 7.4c) and PD (see Chapter 6.3). The strongest
isotopic signal, with a negative anomaly of approx. 35–40, is simulated in the Chad
region. This agrees with the ﬁndings by Gasse [2002], who also has found a decrease of
the reconstructed δ18OP from study sides in the area of the Holocene lake “Mega-Chad”
during the wet Holocene period. Furthermore, Niedermeyer et al. [2010] have detected
a depletion of δD by -18 in the n-C31 of leaf waxes, extracted from sediment-core
GeoB9508 (located: 15◦N and 17◦W). Moreover, the anomaly of the simulated δDP is in
agreement with a general negative correlation between amount of precipitation and δDP
as well as with a gradual continental effect in the isotopic composition. The difference
plot of H4k−H0k (Fig. 7.7d) shows a similar pattern as H6k−H0k, but with weaker
anomalies. In contrast, the anomaly of H2k with regard to H0k (Fig. 7.7b) shows only a
slight depletion of δDP in the Sahel.
Previous model studies, performed with the ECHAM4-wiso model [Herold, 2011],
also indicate a stronger summer monsoon during mid-Holocene compared to industrial
climate as well as the negative relation between rainfall amount and δDP. However,
the pattern simulated by Herold [2011] show an eastward shift in the precipitation and
δDP anomaly compared to the results presented in this study. This shift in the spatial
distribution might caused e. g. by the different oceanic boundary conditions of SST or
the older model version.
7.2.3 Comparison between simulations and proxy data
For the comparison of the simulated precipitation and δDP with proxy data, the esti-
mated δDP signal of GeoB7920 [B. Beckmann, personal communication] is used. The
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Figure 7.7.: As 7.5, but for precipitation (left) and δDP (right). The hatched area in the right
ﬁgures mark those grid boxes where the simulated precipitation is less then 1mm/month.
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Figure 7.8.: Location of the sediment cores GeoB7920 [B. Beckmann, personal communication].
The black box marks the simulated area (18◦W to 0◦W and 15◦N to 31◦N). [Source of
background map: http://visibleearth.nasa.gov, NASA.]
estimated catchment area of GeoB7920 is from the west coast to 0◦W and 15◦N to 31◦N.
Beckmann measured the δD signal in C29 n-alkanes with a high temporal resolution,
which is used to approximate δDP as described in Chapter 2.4.
The comparison of the simulated precipitation over the last 6,000 years (T6000 exper-
iment) as well as the simulated isotopic composition δDP of the time-slice experiments
with the proxy data are shown in Fig. 7.9. The reconstructed δDP signal indicates rela-
tive stable, wet conditions from 7ka until 6ka BP. After mid-Holocene the proxy signal
shows a gradual transition from relatively wet conditions in 6ka BP to drier conditions
at approx. 1.5ka BP. The simulated δDP changes (red diamonds) agrees very well with
the shift of the reconstructed δDP values. Moreover, the simulated evolution of precipi-
tation in the catchment area also indicates the gradual transition from the relatively wet
mid-Holocene to the arid PD conditions.
Figure 7.10 shows the simulated JJAS (left) and annual (right) precipitation and its
δDP signal for the approximated catchment area of GeoB7920. The PI values are shown
as absolute values and the H2k, H4k, and H6k simulations are presented as anomalies
with respect to H0k. It is shown that the southwards shift as well as the ampliﬁcation of
the North African summer rain belt from mid-Holocene to PI is inﬂuencing the annual
precipitation in the catchment area with additional precipitation of 45mm/year for H6k,
of 18mm/year for H4k, and of 5mm/year for H2k (calculated as ﬁeld mean over the
catchment area). By analyzing the anomalies of δDP it is found that the depletion of
-19 (Fig. 7.9) from 6ka compared to PI is most likely caused by the increased summer
rainfall at 6ka, due to the linear relation between precipitation amount and δDP. In
contrast, the simulated precipitation at H4k shows positive anomalies for both summer
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Figure 7.9.: Estimated Holocene δDP anomalies (as compared to the median δDP value of the
last 1,000 years) derived from measured δD values of n-C29 alkanes from marine sediment
core GeoB7920 (blue). The red diamonds represent the modeled δDP anomalies from the
time slice simulations. The modeled North-West African precipitation of the transient
experiment (by Fischer and Jungclaus, 2011) is shown as monthly, annual mean values
(grey) and as a running 30 year mean (black). All simulation results are averaged over the
area 18◦W–0◦W and 15◦N–31◦N.
rainfall (south) and winter rainfall (north, not shown) compared to PI, thus the simulated
anomaly of δD of -9 (Fig. 7.9) is presumably not a clear summer monsoon signal, only.
In the H2k experiment compared to the H0k one, only a slight change of δDP (-3) is
detectable, which can not be seen as a clear signal due to changes in the precipitation
amount over the area 18◦W to 0◦W and 15◦N to 31◦N.
7.3 discussion and implications
The results of the transient model experiment of Fischer and Jungclaus [2011] indicate
a gradual change in precipitation as also seen by Liu et al. [2007]. However, in contrast
to Liu et al. [2007] this transient experiment T6000 does not show a rapid desertiﬁcation
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Figure 7.10.: Simulated precipitation of the time-interval (contours) and its δDP signal (color
map) for Area1 (18◦W to 0◦W and 15◦N to 31◦N, see Fig. 7.3), for the rainy season
(left) and annual mean (right). The upper row shows the absolute PI values of the H0k
experiment, the precipitation in [mm] and the δDP in []. The H2k, H4k, and H6k
simulations are presented as anomalies with respect to H0k.
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or change in vegetation cover. A reason for this difference could be the ﬁner model
resolution compared to the earlier studies.
Forced by insolation changes [e. g., Rossignol-Strick, 1983; Fischer and Jungclaus,
2011] and ampliﬁed by feedback mechanisms as SST changes [Kutzbach and Liu, 1997]
or vegetation changes [Claussen and Gayler, 1997], the North-West African summer
monsoon was weakening over the Holocene. Furthermore, the North African rain belt,
including the ITCZ, was located more north during the mid-Holocene than today. A sim-
ilar ﬁnding was already discussed by Herold and Lohmann [2009] for the Eemian and
by Herold [2011] for the Holocene. The northwards shift of the rain belt is accompa-
nied by an intensiﬁed cloud cover over the northern hemisphere low latitudes [Fischer
and Jungclaus, 2011] and an intensiﬁed TEJ during mid-Holocene as compared to PI.
As a result, the North African rain belt was ampliﬁed and enlarged during the early
and mid-Holocene. All these changes can also be found in the performed time-slices
experiments.
Due to the shift in amount of precipitation the simulated δDP changes as well. The
δDP is relatively depleted in the area of increased precipitation in H6k compared to
PI. This depletion in δDP is caused by the negative correlation between amount of pre-
cipitation and its isotopic composition, which is a typical characteristic of the African
monsoon rainfall (see also Chapter 6). For the Holocene time-slice experiments, the sim-
ulated precipitation decreases, which is accompanied by an enrichment of δDP. How-
ever, the shift of the isotopic composition of precipitation is not linear (Fig. 7.7). Due to
changes of the wind structure the source area of the precipitated water is most likely
shifted as well.
Both the simulated precipitation of the transient climate simulation as well as the
reconstructed δDP values of sediment core GeoB7920 show a gradual transition from
the wetter mid-Holocene to the PD conditions. These ﬁndings are supported by the
simulated δDP values of the time-slice simulations. Moreover, the temporal changes as
well as the absolute values of the simulated δDP anomalies are in a very good agreement
with the reconstructed data. Both data sets, independent from each other, indicate a
depletion (anomaly) of approx. -20 in δDP between 6ka BP and modern conditions.
The weakening of the anomaly over the Holocene, with an increase of approx. 10 from
6ka BP to 4ka BP and 5 from 4ka BP to 2ka BP, has the same amplitude for the
simulated and reconstructed δDP values.
Summarizing the results of this Chapter, it is concluded that both the climate sim-
ulations as well as the proxy data imply a more gradual evolution of the North-West
African hydrological cycle between 6ka BP and 1.5ka BP.
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8
F INAL CONCLUS IONS AND OUTLOOK
This chapter summarizes the main results of the Chapters 5, 6, and 7 and discusses
their main implications regarding the research questions listed in Chapter 1.2. Finally,
an outlook is given as to which topics still require further investigation and how such
research could be carried out in the future.
8.1 conclusion
Within this thesis the coupled atmosphere-land surface model, ECHAM5-JSBACH, has
been successfully enhanced with an explicit stable water isotope diagnostic. This new
model development, called ECHAM5-JSBACH-wiso, is evaluated in Chapter 5. Using
the coupled model rather than the stand alone version ECHAM5-wiso, the simulated
temperature and surface albedo differs remarkably on a global scale. Furthermore, the
simulated soil wetness also differs between the models. However, the global distribution
of the simulated precipitation is very similar.
The ﬁrst part of this PhD study deals with the question: “How much do fractionation
processes over land surfaces inﬂuence the global distribution of the isotopic com-
position in precipitation?” It has been shown that the ECHAM5-JSBACH-wiso model
simulates the isotopic composition of precipitation in good agreement with observations
from the GNIP database. The root mean square error (RMSE) between the selected GNIP
station δ18O data and the simulation results is approximately 1.8–2.2, depending on
the chosen model resolution. These results are comparable with those of the ECHAM5-
wiso model. In order to test the inﬂuence of fractionation processes over land surface,
three model setups are used. The sensitivity studies in Chapter 5.5 reveal very similar
results for the three setups, where either no fractionation processes over land (noF),
fractionation during evaporation, only (FE), or fractionation during both evaporation
and transpiration (FET ) is assumed. The simulations with the FE and FET setup produce
a slightly higher depletion up to 1 in δ18O in precipitation compared to the noF setup.
Furthermore, in the (sub)tropics, for the FET setup an enrichment of precipitation of the
same magnitude can be detected. However, since the FET setup assumes an unrealis-
tically strong fractionation, in reality this increase of heavy isotopes in precipitation is
certainly weaker or non existent. In summary, it is concluded that including fractiona-
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tion processes over land does not lead to a substantial improvement or change of the
isotopic composition in precipitation on a global scale.
As a second part of this PhD study the (present-day) North-West African climate is
investigated. Here the research question “What is the relation between the amount of
precipitation and its isotopic composition in North-West Africa?” is addressed. It is
demonstrated, that the ECHAM5-JSBACH-wiso model is able to simulate North-West
African climate seasonality as well as the spatial distribution of precipitation and its
isotopic composition, in a good agreement with available observations. However, the
model strongly underestimates the amount of summer precipitation. From the model
results, a linear relation between the amount of rainfall and δDP can be quantiﬁed for
the West Sahel region. The calculated transfer function links changes of -5 in δDP to
an increase of 100 mm in the yearly amount of rainfall under present-day conditions.
The ﬁnal overall research topic of this PhD thesis is related to the question: “Was
the change of the hydrology in North-West Africa characterized by a more gradual
or abrupt transition during the Holocene?” To answer this question, ﬁrstly an exist-
ing transient experiment from 6,000 BP to present with the fully coupled Earth system
model COSMOS is analyzed regarding the evolution of North-West African precipitation
amount and vegetation. Both the transition of vegetation cover as well as the reduction
of precipitation amount are simulated as a gradual transition. Based on this transient
experiment, four new times slice simulations, for 6,000 years BP, 4,000 years BP, 2,000
years BP, and PI, are carried out with the ECHAM5-JSBACH-wiso model. The time slice
experiments indicate an increase and a northward expansion of the North-West African
summer monsoon at 6,000 years BP. The intensiﬁed amount of rainfall causes a deple-
tion of δDP over the whole North African monsoon area, which is in agreement with
previous studies. Furthermore, the simulated δD values of the time slice experiments
are in very good agreement with a recently reconstructed, high resolution record of δD
in precipitation, derived from δD measurements on leaf waxes in the marine sediment
core GeoB7920 [B. Beckmann, personal communication]. Both independent methods for
analyzing the evolution of δD in North-West African precipitation indicate nearly iden-
tical values, and support the hypothesis of a gradual transition from the African Humid
Period towards modern dry conditions.
8.2 outlook
The research presented in this PhD thesis successfully addressed all proposed research
questions. However, it also reveals some model deﬁcits as well as some needs for further
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research. For example, further investigations in the following research areas might be
encouraged:
• In Chapter 5 the inﬂuence from fractionation processes over land surface on the
global distribution of stable water isotopes in precipitation is analyzed. However,
the simulated pattern of the isotopic composition of soil moisture was not eval-
uated. Recently established networks for isotope measurements in the biosphere,
like BASIN (Biogeosphere-Atmosphere Stable Isotope Network) or MIBA (Mois-
ture Isotopes in the Biosphere and Atmosphere), observing the isotopic composi-
tions of soil water, have been operational for only a limited time so far. Hence, the
available data do not yet represent long-term annual mean values, but this will
hopefully change during the next few years. Comprehensive model-data compar-
isons of the isotopic composition of soil moisture will then be possible on a global
scale.
• One possible future model development would be to include a more complex
multi-layer soil scheme in the ECHAM5-JSBACH-wiso model. Since evaporation
occurs mainly in the upper soil layers and the water transpired by plants might
have (depending on the plant type) deeper layers serving as a water source, the
inclusion of a multilayer soil scheme may improve the simulation of the evapotran-
spiration ﬂuxes. Such a model would allow to analyze the impact of vegetation
changes on the isotopic composition of precipitation, as recently done for proxy
data by Mix et al. [2013].
• In Chapter 6 it is shown that it is not possible to adequately simulate the Sahel
drought event during the 1970’s–1980’s, even if using a nudged model simulation.
Di Giuseppe et al. [2013] have recently shown that the ERA40 re-analysis data is
unrealistically humid in the Sahel during the 70’s and 80’s and propose a real-time
correction of this set of data. If this real-time correction of this data set would
improve the simulation results with respect to the Sahelian precipitation is still an
open question.
• This study is an example that combined results of ECHAM5-JSBACH-wiso sim-
ulations and analysis of the δD in leaf water improve the understanding of pro-
cesses governing the isotopic composition within the proxy data. Therefore, this
tool could also be used for other regions or time-slices. Furthermore, it would be
very useful to embed an isotope diagnostic for leaf water within the JSBACH mod-
ule. Such a model development may improve the interpretation of the estimated
δD in precipitation retrieved from the isotopic composition in plant waxes.
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• Since the ocean model MPI-OM has also been equipped with stable water isotopes
[Xu et al., 2012], it will be possible to run simulations with the fully coupled GCM
COSMOS enhanced by a stable water isotope module. Such a model would allow
simulations of transient experiments enhanced with a stable water isotope diag-
nostic. Thus, the possibility to perform future model-data comparison studies will
have been greatly expanded.
APPENDIX
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A
THE I SOTOP IC COMPOS IT ION OF RECYCLED WATER
In Chapter 5.5.1 the inﬂuence of fractionation processes on land surface on the global
pattern of δ18OP is investigated.
For this study, the following three model setups are used: FE — isotope fractionation
occurs during evaporation processes, only; FET — isotope fractionation occurs during
both evaporation and transpiration processes; noF — no fractionation occurring during
evapotranspiration processes over land surface. In the anomaly pattern of δ18OP for
FE− noF and FET − noF (Chapter 5.5.1, Fig. 5.11) positive and negative isotope devia-
tions can be detected. The positive anomalies are counter-intuitive. One would assume
that a fractionation during evapotranspiration processes will always lead to more de-
pleted δ18O values of the vapor above land surfaces and, consequently, also to more
depleted δ18O values in precipitation. Here an example is used to clarify, why positive
anomalies in δ18OP are possible with enhanced fractionation during evapotranspiration.
As an example, an South African region (spatial average of the area 15◦E to 33◦E and
20◦S to 12◦S), where one of the strongest positive anomaly of FET − noF of δ18OP is
displayed (Chapter 5.5.1, Fig. 5.11b), is chosen. The positive anomalies of δ18OP for
FET −noF as well as for FE−noF in other regions can be explained in a similar manner.
As shown in Fig. A.1, the included fractionation during evaporation from bare soil
and transpiration leads to an enrichment of δ18Ows in the FET setup compared to the
noF setup. The arithmetic annual mean difference in δ18Ows between both setups is
approx. 8 (Fig. A.1, top panel). For the evapotranspiration ﬂux in the noF setup, the
water has the same isotopic composition (approx. -10) as it’s source (Fig. A.1, top and
middle panel: red lines), as we assume no fractionation during evapotranspiration. On
the opposite, in the FET setup due to the fractionation process the isotopic composi-
tion of the evapotranspiration ﬂux (δ18OET ) is approx. 6 more depleted then the soil
water, resulting in a arithmetic mean δ18OET value of -8. Thus, δ18OET for FET is
more enriched than for noF, despite the additional fractionation. This delta difference
is then imprinted to (and diluted within) the vapour above this region and kept during
condensation processes (identical fractionation effects for the noF and FET case). In the
end, a small, but noticeable remaining positive anomaly of δ18OP for the FET setup as
compared to noF can be detected (Fig. A.1, bottom panel).
Furthermore, to evaluate the isotopic balance of the soil water reservoir, the yearly
incoming and outgoing ﬂuxes are estimated, as shown in Fig. A.2. Since the surface
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Figure A.1.: (Top) Amount of soil water (black) in [km3] over the area 15◦E to 33◦E and 20◦S
to 12◦S and it’s isotopic composition δ18Ows for the noF-setup (red) and the FET -setup
(green) in []. (Middle) The same as in the top panel, but for evapotranspiration. (Bottom)
The same as in the top panel, but for precipitation. The ruby line marks the end of the
spin-up period.
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Figure A.2.: Annual mean isotopic composition of water that comes into soil (IN=P-runoff [])
and its output (OUT=ET+drainage []) as fealdmean over the area 15◦E to 33◦E and
20◦S to 12◦S. The ruby line marks the end of the spin-up period.
runoff never interacts with the soil water the input is calculated as IN = P − runoff
while the output is written as OUT = ET + drainage. In Fig. A.2 it is shown that the
isotopic composition of incoming and outgoing water for the example area has the same
magnitude, which means the soil water is isotopically balanced.
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CLASS I F ICAT ION OF MODEL RESULTS INTO RAINFALL
ANOMALY PATTERN
In order to classify the simulated years of the nudged ECHAM5-JSBACH-wiso exper-
iment (Chapter 6.1) into different rainfall anomaly pattern described in Chapter 3.3.1,
two approaches are taken. First, the simulated rainfall anomaly over the season JJAS has
been visualized and second the ﬁeld mean over the area from 18◦W–10◦E and 5◦N–20◦N
has been analyzed. Only if both result give the same classiﬁcation of a rainfall anomaly,
the simulation year has been associated with one of the precipitation anomaly pattern.
The following table shows the classiﬁcation of the simulation years into the different
rainfall anomaly pattern, as well as the calculated anomalies of precipitation and its
isotopic composition.
year
anomaly pattern Western Sahel core region
dipole non-dipole
NA
P δDP P δDP
dry wet dry wet [mm] [] [mm] []
1958 1 45.35 3,98 47.78 1,46
1959 1 51.32 -0,07 14.15 -1,28
1960 1 89.99 -7,91 -30.57 -6,94
1961 1 89.51 -2,26 70.51 -3,89
1962 1 6.14 0,20 6.54 -1,24
1963 1 15.94 -0,37 -15.53 2,77
1964 1 17.87 0,90 24.98 -1,42
1965 1 -17.30 1,62 -30.08 1,30
1966 1 -2.18 0,11 8.62 0,64
1967 1 -57.62 4,96 -26.19 4,26
1968 1 32.58 -3,84 20.56 -1,20
1969 1 -20.41 0,01 1.40 1,80
1970 1 -19.26 0,94 -17.77 -1,53
1971 1 -12.03 1,05 20.55 3,60
1972 1 75.43 -5,49 -6.48 -1,97
1973 1 -65.58 2,21 -52.35 2,74
1974 1 -26.36 1,01 21.43 3,31
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1975 1 -13.28 3,37 19.52 2,54
1976 1 -8.86 4,01 27.76 3,14
1977 1 5.60 1,57 43.23 -1,44
1978 1 4.34 3,24 1.75 0,93
1979 1 -6.85 -1,17 -18.29 2,26
1980 1 -28.65 1,26 -37.53 1,84
1981 1 -17.90 0,86 22.32 0,53
1982 1 -0.61 3,91 -13.64 1,19
1983 1 19.32 -0,39 -8.82 -0,50
1984 1 113.13 -8,97 45.38 -7,76
1985 1 39.92 -4,60 26.89 -5,40
1986 1 1.47 -1,03 5.37 -2,86
1987 1 -69.64 0,24 -57.05 0,37
1988 1 -122.60 2,78 -89.65 4,49
1989 1 57.07 -5,08 9.63 -4,38
1990 1 -62.55 1,35 -9.76 4,06
1991 1 -43.47 -0,29 2.56 2,77
1992 1 -33.19 3,53 -30.94 4,37
1993 1 -25.66 -1,78 -9.50 -3,55
1994 1 32.99 0,74 51.80 -0,83
1995 1 -60.55 1,28 -35.80 2,14
1996 1 5.69 -2,80 30.73 -2,79
1997 1 80.72 -3,23 16.72 -1,40
1998 1 -113.57 9,72 -79.97 8,08
1999 1 26.56 0,82 -4.82 -0,36
2000 1 -9.61 3,68 -4.44 0,49
2001 1 35.01 -0,63 46.11 -1,56
2002 1 -8.21 3,14 -7.01 2,49
Table B.1.: Distinguishing between the dipole and non-dipole rainfall anomaly pattern for each
simulation year of the nudged ECHAM5-JSBACH-wiso experiment (Chapter 6.1). The sim-
ulated annual rainfall anomaly and the corresponding anomaly of δDP are calculated for
both the West Sahel region and the catchment area of core GeoB9501 (“core region”). All
anomalies are calculated with respect of the JJAS mean values of the simulation period.
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